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The hydroclimate of East Africa shows distinctive variabilities on seasonal to decadal time
scales and poses a great challenge to climatologists attempting to project its response to
anthropogenic emissions of greenhouse gases (GHGs). Increased frequency and intensity
of droughts over East Africa in recent decades raise the question of whether the drying
trend will continue into the future. To address this question, we first examine the decadal
variability of the East African rainfall during March–May (MAM, the major rainy season
in East Africa) and assess how well a series of models simulate the observed features.
Observational results show that the drying trend during MAM is associated with decadal
natural variability of sea surface temperature (SST) variations over the Pacific Ocean.
The multimodel mean of the SST-forced, Coupled Model Intercomparison Project Phase
5 (CMIP5) AMIP experiment models reproduces both the climatological annual cycle and
the drying trend in recent decades. The fully coupled models from the CMIP5 historical
experiment, however, have systematic errors in simulating the East African rainfall annual
cycle by underestimating the MAM rainfall while overestimating the October–December
(OND, the second rainy season in East Africa) rainfall. The multimodel mean of the
historical coupled runs of the MAM rainfall anomalies, which is the best estimate of
the radiatively-forced change, shows a weak wetting trend associated with anthropogenic
forcing. However, the SST anomaly pattern associated with the MAM rainfall has large
discrepancies with the observations.
The errors in simulating the East African hydroclimate with coupled models raise
questions about how reliable model projections of future East African climate are. This
motivates a fundamental study of why East African climate is the way it is and why
coupled models get it wrong. East African hydroclimate is characterized by a dry annual
mean climatology compared to other deep tropical land areas and a bimodal annual cycle
with the major rainy season during MAM (often called the “long rains” by local people)
and the second during OND (the “short rains”). To explore these distinctive features,
we use the ERA-Interim Re-Analysis data to analyze the associated annual cycles of at-
mospheric convective stability, circulation and moisture budget. The atmosphere over
East Africa is found to be convectively stable, in general, year-round but with an annual
cycle dominated by the surface moist static energy (MSE), which is in phase with the
precipitation annual cycle. Throughout the year, the atmospheric circulation is domi-
nated by a pattern of convergence near the surface, divergence in the lower troposphere
and convergence again at upper levels. Consistently, the convergence of the vertically
integrated moisture flux is mostly negative across the year, but becomes weakly positive
in the two rainy seasons. It is suggested the semi-arid/arid climate in East Africa and its
bimodal rainfall annual cycle can be explained by the ventilation mechanism, in which the
atmospheric convective stability over East Africa is controlled by the import of low MSE
air from the relatively cool Indian Ocean off the coast and the cold winter hemisphere.
During the rainy seasons, however, the off-coast SST increases (and is warmest during
the long rains season) and the northerly or southerly weakens, and consequently the air
imported into East Africa becomes less stable.
The MSE framework is then applied to study the coupling-induced bias of the East
African rainfall annual cycle often found in CMIP3/5 coupled models that overestimates
the OND rainfall and underestimates the MAM rainfall, by comparing the historical
(coupled) and the AMIP runs (SST-forced) for each model. It is found that a warm north
and cold south SST bias over the Indian Ocean induced in coupled models is responsible
for the dry MAM rainfall bias over East Africa while the ocean dynamics induced warm
west and cold east SST bias over the Indian Ocean contributes to the wet OND rainfall
bias in East Africa.
Finally, to understand the East African regional climate in the context of the broader
tropical climate and circulation, zonal momentum balance of the tropical atmospheric
circulation during the global monsoon mature months (January and July) are analyzed in
three dimensions based on the ERA-Interim Re-Analysis. It is found that the dominant
terms in the balance of the atmospheric boundary layer (ABL) in both months are the
pressure gradient force, the Coriolis force and friction. The nonlinear advection term plays
a significant role only in the Asian summer monsoon regions including off East Africa.
In the upper troposphere, the pressure gradient force, the Coriolis force and nonlinear
advection are the dominant terms. The transient eddy force and the residual force (which
can be explained as convective momentum transfer over open oceans) are secondary yet
can not be neglected near the equator. Zonal mean equatorial upper troposphere easterlies
are maintained by the absolute angular momentum advection associated with the cross-
equatorial Hadley circulation. Equatorial upper troposphere easterlies over the Asian
monsoon regions are also controllled by the absolute angular momentum advection but
are mainly maintained by the pressure gradient force in January. The equivalent linear
Rayleigh friction, which is widely applied in simple tropical models, is calculated and
the corresponding spatial distribution of local coefficient and damping time scale are
estimated from the linear regression. It is found that the linear momentum model is in
general capable of crudely describing the tropical atmospheric circulation dynamics yet
the caveat should be kept in mind that the friction coefficient is not uniformly distributed
and is even negative in some regions.
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East Africa is a region of unique hydroclimate in the deep tropics, with annual mean
precipitation largely much lower than other land areas of similar latitudes and a bimodal
annual cycle of precipitation over much of the region (Yang et al., 2014a). The two
rainy seasons are March–May (MAM) and October–December (OND), which are usually
called by local people the “long rains” and the “short rains”, respectively. There is
generally little rainfall over much of East Africa during January–February (JF) or June–
September (JJAS), when many monsoon systems in the southern or northern hemisphere
are established. The interannual variability of East African rainfall is dominated by
the short rains (Beltrando, 1990; Camberlin and Wairoto, 1997; Mutai and Ward, 2000;
Nicholson, 2000; Lyon, 2014), which correlate well with El Niño-Southern Oscillation
(ENSO) (Beltrando, 1990; Beltrando and Camberlin, 1993; Goddard and Graham, 1999;
Indeje et al., 2000; Schreck and Semazzi, 2004), with above (below) normal rainfall during
El Niño (La Niña) events. However, no such strong correlation with large scale climate
anomalies has been found for the MAM long rains (Ogallo, 1988; Hastenrath et al., 1993;
Okoola, 1999; Camberlin and Okoola, 2003; Pohl and Camberlin, 2011).
There was a severe drought in East Africa during 2010–2011, the worst drought to
occur in the region in the last 60 years, placing millions of people into a humanitarian
crisis in this politically and socioeconomically vulnerable region (FEWS NET, 2011; Lyon
and DeWitt, 2012; Dutra et al., 2013). The drought was characterized by failure of both
the 2010 short rains and the subsequent 2011 long rains. While the short rains failure was
expected and successfully predicted on the basis of La Niña conditions in 2010 (Dutra
et al., 2013) given the robust relationship with ENSO, there was difficulty in explaining
the long rains failure since no robust large scale forcing of the precipitation in this season,
either oceanic or atmospheric, had been identified in past studies.
Lyon and DeWitt (2012) considered the below normal long rains in 2011 against a
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longer time scale background and found it is associated with an abrupt change in MAM
precipitation over East Africa in 1998–99. Based on observational analysis and global
climate model (GCM) simulations, they further linked the drying with a shift to warmer
sea surface temperatures (SSTs) over the western topical Pacific and cooler SSTs over
the central and eastern tropical Pacific but found little or no relationship with SSTs over
the Indian Ocean. More recently, Lyon et al. (2013) have shown that the shift is part
of natural multidecadal variability in the Pacific. The decline of the long rains in recent
decades has also been documented in other related studies (Funk et al., 2008; Williams
and Funk, 2011), yet a different mechanism was proposed to explain the decline. Williams
and Funk (2011) associated the drying trend with an anthropogenic-forced relatively rapid
warming of the Indian Ocean SSTs, which they contend extends the warm pool and Walker
circulation westward, resulting in a subsidence anomaly and drying over East Africa.
To test which mechanism is responsible for the recent drying trend, it is necessary to
examine the East African long rains history over a longer time range. If the recent drying
is the extension of an earlier long time drying starting from the time when anthropogenic
forcing became important, the forced warm pool westward extension mechanism might
work. On the other hand, if the recent drying is just a phase of the long rains variability
on decadal or longer time scale, then the tropical Pacific control mechanism is more likely
to work. Fortunately, there are two datasets that provide an opportunity to investigate
the long rains history since as early as 1901: the Global Precipitation Climatology Centre
(GPCC,Rudolf et al. (2010) ) and Climatic Research Unit at the University of East
Anglia (CRU, Mitchell and Jones (2005)) precipitation datasets. Although these two
datasets have differing inputs and therefore can potentially yield different results over
some regions, they agree very well for the East African long rains. In this thesis, we
show that the 9-year-running-averaged long rains have experienced four cycles since the
beginning of the twentieth century and the drying trend in recent decades is part of this
decadal variability, although the recent trend in GPCC is around two times stronger than
the CRU. Furthermore, both linear regression and composite analyses show that the dry
phase of the long rains is related to a La Niña-like SST anomaly pattern over the Pacific,
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consistent with findings in Lyon and DeWitt (2012). Our results suggest that the drying
trend of the East African long rains in recent decades most likely arises from natural
decadal variability and is not anthropogenic in origin.
The decline of the long rains also raises the question of how the East African hy-
droclimate will respond to the warming climate forced by anthropogenic emissions of
greenhouse gases (GHGs). Climate model simulations assessed in the Intergovernmental
Panel on Climate Change (IPCC) Fourth Assessment Report (AR4) or the more recent
Coupled Model Intercomparison Project Phase 5 (CMIP5, Taylor et al. 2012) suggest an
expansion of the Hadley circulation (Lu et al., 2007), enhancement of the precipitation-
minus-evaparation (P − E) pattern (i.e. wet area gets wetter and dry area gets drier)
(Held and Soden, 2006; Seager et al., 2010), weakening of the Walker circulation (Vecchi
and Soden, 2007), and regional drying trends (Seager et al., 2007; Hoerling et al., 2011;
Kelley et al., 2012). Of these changes, the P − E pattern enhancement implies that the
East African long rains, which are part of the Intertropical Convergence Zone (ITCZ), will
increase. In addition, weakening of the Walker circulation also suggests a wetting trend
over East Africa, if the relationship between the East African long rains and the SSTs
in Lyon and DeWitt (2012) and Lyon et al. (2013) are correct, where the enhancement
of the Walker circulation is reducing the long rains. However, observational studies have
shown that the Walker circulation seemed to be strengthening over the twentieth century
(Cane et al., 1997; Chen et al., 2002; Compo and Sardeshmukh, 2010; L’Heureux et al.,
2013). Further, the multimodel mean of the CMIP5 projections shows a wetting trend over
East Africa (Figure 1.1) during both rainy and dry seasons. In contrast, high-resolution
regional climate models forced with ensemble-mean of GCM output on the boundaries
leads to drier conditions in the future 21st century (Vizy and Cook, 2012a; Cook and
Vizy, 2013). These differences could be because of model error representing the forced
change or because the observed record is dominated by natural variability. Determining
whether the future in East Africa will be drier or wetter requirers a careful examination
of the ability of models to simulate realistic natural variability and forced changes.
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Figure 1.1: Multimodel mean (MMM) precipitation change from 1979–1999 historical
runs to 2079–2099 RCP8.5 runs for CMIP5 for season a) JF; b) MAM; c) JJAS and d)
OND.
mate variability on multidecadal or longer time scales (Verschuren et al., 2000; Russell
and Johnson, 2007) although the temporal resolution in paleoclimate records is not able
to distinguish long rains from short rains. By using a Monte Carlo empirical orthogo-
nal function (MCEOF) approach (Anchukaitis and Tierney, 2013) to synthesize different
hydroclimatic proxy records, Tierney et al. (2013) not only revealed many features of
East African hydroclimate found in previous paleoclimate studies but also identified the
spatial patterns of the features and associated uncertainties. In addition, Tierney et al.
(2013) concluded on the basis of millennium-long control simulations from different cou-
pled GCMs and proxy records of ocean variability that hydroclimate variability of East
Africa on multidecadal timescales is controlled by the Indian Ocean. However, this con-
clusion depends in part on the capability of these models to simulate aspects of the current
climate of East Africa (e.g. climatology and relationship with SSTs), which needs further
validation.
In this thesis, we assess the performance of the current GCMs in simulating the pre-
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cipitation over East Africa with a series of model simulations, including the International
Research Institute for Climate and Society (IRI) forecast models, SST-forced CMIP5
AMIP runs and the CMIP5 historical runs (coupled models). We focus on the simula-
tions of the decadal variability of the long rains as well as the precipitation annual cycle,
which is the fundamental aspect of the East African hydroclimate that is supposed to be
reproduced by models if the models are considered to be good models. Our results show
that the SST-forced ECHAM4.5 and ECHAM5 used for forecasting at the IRI are able to
reproduce the precipitation annual cycle over East Africa, decadal variability and its rela-
tionship with the pattern of the SST anomalies over the Pacific. Most of the SST-forced
models of the CMIP5 AMIP experiment also capture the climatology of the East Africa
precipitation as well as the recent observed drying trend of the long rains in the multi-
model mean. The multimodel mean of the fully coupled models of the CMIP5 historical
experiment, however, underestimates the East African long rains and overestimates the
short rains with a considerable range of performance among the individual models. The
multimodel mean of the precipitation anomalies shows a weak wetting trend since 1950
that is much smaller than the internal variability. The SST anomaly pattern associated
with the dry phase of the East African long rains is associated with a SST gradient over
the tropical Pacific, although the magnitude of this is weak compared to observations.
The difficulty for GCMs, especially coupled GCMs, to simulate the annual cycle of
East African precipitation raises the question regarding the mechanisms that drive this
fundamental aspect of the hydroclimate over this region. Actually, the uniqueness of cli-
mate in East Africa has been noticed since at least as early as the 1960s by Trewartha
(1961) and the dryness was explained by the divergent and subsident monsoon winds,
which are southeasterly in boreal summer and northeasterly in winter. Yet the reasons
why the monsoonal flows are divergent and subsident are not clear, but have been gener-
ally explained in terms of surface frictional contrast between land and ocean (Bryson and
Kuhn, 1961; Nicholson, 1996). However, the wind stress mechanism would be greatest
along the immediate coastal areas while observations have demonstrated that the diver-
gence and subsidence are predominant across major areas to the east of the highlands
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(Yang et al., 2014a).
Unlike extra-tropical precipitation, which is mainly driven by synoptic scale baroclinic
eddies (Lee and Held, 1993; Pierrehumbert and Swanson, 1995; Chang et al., 2002; Yang
et al., 2007), tropical rainfall mostly arises from moist convection, in which the subcloud
moist static energy (MSE) plays a key role in the framework of quasi-equilibrium (QE,
Emanuel et al. (1994)). The QE framework has been applied to study the mechanisms
that limit the poleward extent of summer monsoons (Chou and Neelin, 2001, 2003), the
location of monsoons (Privé and Plumb, 2007a,b), and the role of orography in monsoons
(Boos and Kuang, 2010, 2013; Boos and Hurley, 2013; Ma et al., 2014). An important and
relevant idea from these studies is that ventilation (which was defined as the import of low
MSE air by advection from cooler oceans) depresses local convection and precipitation
by decreasing the subcloud MSE. It should be noted that the ventilation mechanism in
these studies is generally applied only in the subtropics because SST is usually cool there
but warm over tropical oceans. However, in the case of East Africa, there are strong
low-level cross-equatorial monsoonal winds during the dry seasons, especially in summer,
which can bring much lower MSE air from the winter hemisphere into East Africa and
stabilize the atmosphere. The north-south orientated highlands act to block the import
of high MSE air from the west as well as leading to the formation of the East African
low-level jet (Findlater, 1969). Indeed, numerical experiments without topography (e.g.
Fig. 1a in Chou and Neelin (2003) and Fig. 4a in Boos and Kuang (2010)) demonstrated
that East Africa is much wetter during the boreal summer season due to the fact that
the low-level jet in observations is weakened (Boos and Kuang, 2010) or even replaced
by westerlies in the simulation (Chou and Neelin, 2003). Furthermore, SSTs near the
coast are generally cool compared to values further offshore and a west-east SST gradient
off the coast exists year-round. Therefore, even in the rainy seasons when the air is
imported from the western tropical Indian Ocean by the weak onshore winds, it is still
difficult for East Africa to develop high subcloud MSE. Since the saturated MSE above
the boundary layer is near uniform across the tropics, and influenced by the warmest of
tropical regions, low subcloud MSE in East Africa ensures overwhelming stable conditions
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to moist convection.
After the observed annual cycle of East African precipitation has been examined in
the new QE framework, the next natural step is to directly analyze mechanisms that
cause GCMs’ bias in simulating the annual cycle. Previous studies have found various
deficiencies of the GCMs that might potentially impact the correct simulation of East
African precipitation annual cycle, either due to incorrect response of the atmosphere to
prescribed SSTs (Bollasina and Ming, 2013) or due to unrealistic representation of air-sea
interactions in the ocean-atmosphere coupled models (Cai and Cowan, 2013; Wang et al.,
2014). One pronounced bias found in Yang et al. (2014b) is overestimation of the short
rains but underestimation of the long rains in the multimodel mean results. Of all the
available CMIP5 models, the MRI-CGCM3 is of particular interest because its AMIP
run reproduces the East African precipitation annual cycle very well, while its historical
run greatly overestimates the short rains and underestimates the long rains, very similar
to the bias for the multimodel mean result. Therefore, MRI-CGCM3 serves as a ideal
model to analyze the cause of bias of the CMIP5 models’ simulation of the East African
precipitation annual cycle.
From a broader point of view, the regional climate over East Africa can be seen as
a component of the gigantic Asian monsoon system or even the global monsoon system
in the tropics and inevitably interacts with other components within the larger scale
system. For example, the onset of the Indian monsoon is usually accompanied by the
onset of the East African low level jet and the termination of the East African long rains
season. To understand the East African climate, it is helpful to understand the climate
in the tropics in general. Since its introduction by Matsuno (1966), the equatorial beta-
plane linear model has been serving as a simple dynamical framework for simulating the
tropical circulation (Gill, 1980; Davey and Gill, 1987; Seager, 1991). Most of these works
assume that the total troposphere can be approximated by the single first baroclinic
mode in the vertical such that the shallow water equations can be used to represent
the dynamics driven by middle troposphere heating. Lindzen and Nigam (1987) used a
different approach that only considers the dynamics of the atmospheric boundary layer
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(ABL) driven by the pressure gradients due to the SST gradients but this too yielded a set
of shallow water equations with dynamics equivalent to that of the first baroclinic mode
method (Neelin, 1989). Later works combined these two ideas to construct a new model
structure with an ABL at the bottom plus a first baroclinic mode of the free troposphere
above (Wang and Li, 1993; Fu and Wang, 1999).
Despite the success in simulating the general features of the tropical circulation, this
type of simple tropical atmospheric circulation model has been challenged because the
nonlinear advection terms have been ignored and large Rayleigh friction coefficients have
to be applied in order to obtain realistic simulations. Diagnostics of the observational
circulation confirmed the suitability of a linear approximation of the surface wind mo-
mentum dynamics (Zebiak, 1990; Deser, 1993), although the Rayleigh friction coefficients
were demonstrated to be latitudinally dependent and have different magnitudes for zonal
and meridional winds (Deser, 1993; Chiang and Zebiak, 2000). Recent studies (Lin et al.,
2008) revealed the potential sources of the strong Rayleigh friction over different regions
within the Walker circulation: in the deep convection region ( the western branch of the
Walker circulation ), both nonlinear advection and convective momentum transfer (CMT)
contribute in the upper troposphere as well as in the lower troposphere; in the shallow
convection region (the eastern branch of the Walker circulation ), the nonlinear advec-
tion contributes in the upper troposphere while the CMT only contributes in the lower
troposphere. However, Lin et al. (2008) focused on the zonal momentum balance in the
longitude-pressure cross section near the equator instead of the whole tropics and only
the annual mean circulation was investigated.
Another issue relevant to the zonal momentum budget is how the equatorial upper
troposphere zonal winds are maintained. In their explanation of why the climatological
zonal winds are dominated by easterlies in the equatorial upper troposphere, Lee (1999)
challenged the idea that the easterlies are maintained by the momentum flux divergence
of the midlatitude-generated synoptic eddies (Suarez and Duffy, 1992) and proposed that
they are maintained by the transient zonal mean meridional circulation associated with
the seasonal cycle of the Hadley circulation and decelerated by tropical transient eddies
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with intraseasonal, intraannual and interannual time scales. GCM studies also showed
that the easterlies in the equatorial upper troposphere are driven by the cross-equatorial
mean meridional circulation while the tropical eddies tend to decelerate them (Kraucunas
and Hartmann, 2005). Dima et al. (2005) conducted a systematic investigation on the
tropical zonal mean zonal momentum balance based on the NCEP/NCAR reanalysis
dataset and confirmed the ideas in Lee (1999) and Kraucunas and Hartmann (2005).
However, only the global zonal mean circulations have been examined in these studies
and the zonal asymmetry has not been considered. This is important because tropical
upper troposphere easterlies are not uniformly distributed in the zonal direction and
westerlies can dominate under some conditions (e.g. over the east Pacific during boreal
winter ). It is interesting to examine if the easterly maintenance mechanism for the global
zonal mean flow can be extended to local longitudes and, in contrast, what mechanism is
responsible for the maintenance of local westerlies at other longitudes.
The major questions that we address in this thesis include:
1. What causes the recent drying of the long rains over East Africa? What mechanisms
are responsible for the dry conditions of the long rains on decadal time scale in the
past century?
2. Are GCMs able to reproduce the variability of the East African long rains on decadal
time scales (for the SST-forced models) or the observed long rains–SST relationship
on this time scale (for the coupled models)?
3. How can we explain the uniqueness of the East African rainfall annual cycle and
annual mean climatology?
4. What causes the bias of the rainfall annual cycle over East Africa in the coupled
GCMs?
5. What are the key characteristics of the zonal momentum balance in the tropical
atmosphere?
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This thesis is organized as follows. In Chapter 2, we examine the decadal variability
of the East African long rains and assess a series of models in simulating the observed
features. We conclude the recent drying trend of the long rains most likely arises from
natural decadal variability and is not anthropogenic in origin. While SST-forced GCMs
in general can reproduce the observed decadal variability of the long rains as well as the
rainfall annual cycle over East Africa, coupled models tend to have a common bias that
overestimates (underestimates) the short rains (long rains) climatology, casting doubt on
the reliability of the East African hydroclimate projections in CMIP3/5. This work has
been published in Journal of Climate as Yang et al. (2014b). In Chapter 3, we examine
the observed annual cycle of East African precipitation by using the ERA-Interim Re-
Analysis data to analyze the seasonal climatologies and annual cycles of the associated
atmospheric thermal condition, circulation and moisture budget and propose that the
ventilation mechanism, or the import of low moisture static energy air from the off-coast
cooler oceans or extratropics, plays an important role in modulating the East African
rainfall annual cycle and annual mean climatology. This work has been submitted to
Journal of Climate. In Chapter 4, we will analyze the coupled model induced bias of the
East African rainfall annual cycle by comparing the historical run and AMIP run for each
model, with particular emphasis to the model of MRI-CGCM3, which serves as an ideal
model representing the miltimodel mean. It is concluded that warm north and cold south
SST biases over the Indian Ocean in coupled models are responsible for the dry MAM
rainfall bias over East Africa while the ocean dynamics induced warm west and cold east
SST biases over the Indian Ocean contribute to the wet OND bias. This work is currently
in preparation for publication. In Chapter 5, zonal momentum balance of the tropical
atmospheric circulation during the global monsoon mature months (January and July)
are analyzed in three dimensions based on the ERA-Interim Re-Analysis. This work has
been published in Journal of the Atmospheric Sciences as Yang et al. (2013). Finally, in
Chapter 6, we conclude with a brief summary of this thesis and discussion on future work.
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CHAPTER 2
Decadal Variability of the East African Long Rains in
Observations and Models ∗
2.1 Introduction
East Africa was struck by a severe drought in 2010-2011, the worst drought to occur in
the region in the last 60 years, placing millions of people into a humanitarian crisis in this
politically and socioeconomically vulnerable region (FEWS NET, 2011; Lyon and DeWitt,
2012). The drought is characterized by failure of two consecutive rainy seasons: the short
rains, which is the October–December (OND) rainy season; and the long rains, which is
the March–May (MAM) rainy season (Camberlin and Philippon, 2002). While the short
rains failure was expected in the La Niña year of 2010 given the robust relationship with El
Niño-Southern Oscillation (ENSO) (Ogallo, 1988; Mason and Goddard, 2001), there was
difficulty in explaining the long rains failure since no robust forcing of the precipitation in
this season, either oceanic or atmospheric, had been identified in past studies (Camberlin
and Philippon, 2002).
Lyon and DeWitt (2012) considered the below-normal long rains in 2011 against a
longer time scale background. In contrast to Williams and Funk (2011), who have sug-
gested the long rains have been in a multidecadal decline, Lyon and DeWitt (2012) pro-
posed a different explanation. Williams and Funk (2011) associated the drying trend
with an anthropogenic-forced relatively rapid warming of Indian Ocean sea surface tem-
peratures (SSTs), which they contend extends the warm pool and Walker circulation
westward, resulting in a subsidence anomaly and drying over East Africa. On the con-
trary, Lyon and DeWitt (2012) linked the decline in the East African long rains with a
∗ The work of this chapter has been published as: Yang, W., R. Seager, M. A. Cane, and B. Lyon,
2014: The East African long rains in observations and models. J. Climate, 27 (19), 7185–7202, doi:
10.1175/JCLI-D-13-00447.1.
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shift to warmer SSTs over the western tropical Pacific and cooler SSTs over the central
and eastern tropical Pacific in 1998–99. Most recently, Lyon et al. (2013) have shown the
shift is part of natural multidecadal variability in the Pacific.
Paleoclimate studies have shown that East Africa has undergone dramatic hydrocli-
mate variability on multidecadal or longer time scales (Verschuren et al., 2000; Russell
and Johnson, 2007) although the temporal resolution in paleoclimate records is not able
to distinguish long rains from short rains. By using a Monte Carlo empirical orthogonal
function (MCEOF) approach (Anchukaitis and Tierney, 2013) to synthesize different hy-
droclimatic proxy records, Tierney et al. (2013) not only revealed many features of East
African hydroclimate found in previous paleoclimate studies but also identified the spatial
patterns of the features and associated uncertainties. In addition, Tierney et al. (2013)
concluded on the basis of millennium-long control simulations from different atmosphere-
ocean general circulation models (AOGCMs) and proxy records of ocean variability that
hydroclimate variability of East Africa on multidecadal timescales is controlled by the
Indian Ocean. However, this conclusion depends in part on the capability of these models
to simulate aspects of the current climate of East Africa (e.g. climatology and relationship
with SSTs), which needs further validation.
A highly relevant issue is how the East African long rains will respond to the warming
climate forced by anthropogenic emissions of greenhouse gases (GHGs). Climate model
simulations assessed in the Intergovernmental Panel on Climate Change (IPCC) Fourth
Assessment Report (AR4) or the more recent Coupled Model Intercomparison Project
Phase 5 (CMIP5, Taylor et al. 2012) suggest an expansion of the Hadley circulation (Lu
et al., 2007), enhancement of the precipitation-minus-evaparation (P − E) pattern (i.e.
wet area gets wetter and dry area gets drier) (Held and Soden, 2006; Seager et al., 2010),
weakening of the Walker circulation (Vecchi and Soden, 2007), and regional drying trends
(Seager et al., 2007; Hoerling et al., 2011; Kelley et al., 2012). Of these changes, the
P − E pattern enhancement implies that the East African long rains, which are part
of the Intertropical Convergence Zone (ITCZ), will increase. In addition, weakening of
the Walker circulation also suggests a wetting trend over East Africa, if the relationship
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between the East African long rains and the SSTs in Lyon and DeWitt (2012) and Lyon
et al. (2013) are correct. However, observational studies have shown that the Walker
circulation seemed to be strengthening over the twentieth century (Cane et al., 1997;
Chen et al., 2002; Compo and Sardeshmukh, 2010; L’Heureux et al., 2013). Further,
the multimodel mean of the CMIP5 medium mitigation scenario (RCP4.5) projections
shows a wetting trend over East Africa (Fig. 2.1a) during the long rains season over
the first half of the twenty-first century while high-resolution regional climate models
forced with ensemble-mean GCM output on the boundaries leads to drier 21st century
long rains (Vizy and Cook, 2012a; Cook and Vizy, 2013), which is probably consistent to
the observed drying trend over the past three decades (Fig. 2.1b and Fig. 2.2a). These
differences could be because of model error representing the forced change or because the
observed record is dominated by natural variability. Determining whether the future in
East Africa will be drier or wetter requires a careful examination of the ability of models
to simulate realistic natural variability and forced changes.
In this study, we will investigate the decadal variability of the East African long rains
and its relationship with SSTs in observations and compare them with a series of model
simulations, including the International Research Institute for Climate and Society (IRI)
forecast models, SST-forced CMIP5 experiments (so called Atmosphere Model Intercom-
parison Project, AMIP) and the CMIP5 historical simulations (coupled models). The
key questions include: what is the character of decadal variability of the East African
long rains in the observations over the past century? What is its relationship with the
observed SSTs? Do the simulations from the SST-forced models and the fully coupled
models capture the these features? What does that imply for the model projections of
the East African long rains precipitation in the near future? The chapter is organized as
follows: data and methods are described in Section 2.2; Section 2.3 presents the observa-
tional results; Section 2.4 describes SST-froced model (IRI forecast models and CMIP5
AMIP experiment models) simulations and comparison with the observations; results from
CMIP5 historical experiments are presented in Section 2.5 conclusions and a discussion
are presented in Section 2.6.
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Figure 2.1: (a): MAM precipitation rate difference between 2046–2065 and 2006–2025
from CMIP5 RCP4.5 projection multimodel mean. (b): MAM precipitation rate linear
trend over the period of 1979–2008 from GPCP dataset. Red boxes in the two panels
denote the East Africa area between 300E and 520E and 100S and 120N.
2.2 Data and methods
For precipitation, we use the following datasets: version 5 of Global Precipitation Clima-
tology Centre (GPCC) monthly precipitation (Rudolf et al., 2010), which is a gauge-based,
gridded global land surface dataset for the period from 1901 to the near present; version
TS 3.1 of monthly precipitation over global land areas from Climatic Research Unit at the
University of East Anglia (CRU hereafter, Mitchell and Jones 2005); version 2.2 of the
Global Precipitation Climatology Project (GPCP) monthly precipitation dataset from
1979 to 2012 (Huffman et al., 2009), which combines gauge observations and satellite
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data into 2.50 × 2.50 global grids; Climate Prediction Center (CPC) Merged Analysis of
Precipitation (CMAP) (Xie and Arkin, 1997), which is also monthly satellite and gauge
data and covering from 1979 to the present.
The observational sea surface temperature (SST) is from the version 3b of the NOAA
National Climate Data Center (NCDC) Extended Reconstructed Sea Surface Temperature
(ERSST) (Smith et al., 2008), which is a globally gridded monthly dataset with a spatial
resolution of 20 by 20 and covers the period from 1854 to the present.
Historical simulations (from 1950 to the present) from three different International Re-
search Institute for Climate and Society (IRI) forecast models forced only with observed
SST (http://iridl.ldeo.columbia.edu/SOURCES/.IRI/.FD/) include: ECHAM4.5 (Roeck-
ner et al., 1996), ECHAM5 (Roeckner et al., 2006) and CCM3.6 (Kiehl et al., 1996). Each
model has twenty-four ensemble members initialized with different atmospheric condi-
tions. Both the ensemble mean and its range (represented as the 5th and 95th percentiles)
are estimated for the climatology and historical time series but only the ensemble mean
is used to examine the relationship between East African precipitation and SSTs.
The SST-forced models used in this study also include twelve models from the CMIP5
AMIP experiment (Table 2.1). Each model has at least one ensemble member and some
have as many as ten (e.g. CSIRO-Mk3-6-0). For each model, we only analyze the period
between 1979 to 2008 which is the longest period shared by the twelve models. We also
use the fully coupled models from the CMIP5 historical experiment (Table 2.2), of which
there are forty three in total and the period of 1850–2005 common for almost all of the
models is used in the multimodel mean estimation. Note that the analysis of observations
and the SST-forced models uses observed SSTs while the coupled models generate their
own natural variability of SSTs and climate which is not expected to be synchronous with
natural variability in nature.
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Table 2.1: Models of the CMIP5 AMIP experiment used in our analysis.
Index Name Time Span Ensemble #
1 CanAM4 1950-2009 4
2 CNRM-CM5 1979-2008 1
3 CSIRO-Mk3-6-0 1979-2009 10
4 GFDL-HIRAM-C180 1979-2008 3
5 GFDL-HIRAM-C360 1979-2008 2
6 GISS-E2-R 1880-2010 1
7 HadGEM2-A 1979-2008 1
8 inmcm4 1979-2008 1
9 IPSL-CM5A-LR 1979-2009 5
10 MPI-ESM-LR 1979-2008 3
11 MRI-AGCM3-2H 1979-2008 1
12 NorESM1-M 1979-2008 3
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Table 2.2: Models of the CMIP5 historical experiment
used in our analysis.
Index Name Time Span Ensemble #
1 ACCESS1-0 1850-2005 1
2 ACCESS1-3 1850-2005 1
3 bcc-csm1-1 1850-2012 3
4 bcc-csm1-1-m 1850-2012 3
5 BNU-ESM 1850-2005 1
6 CanCM4 1961-2005 10
7 CanESM2 1850-2005 5
8 CCSM4 1850-2005 6
9 CESM1-BGC 1850-2005 1
10 CESM1-CAM5 1850-2005 3
11 CESM1-CAM5-1-FV2 1850-2005 4
12 CESM1-FASTCHEM 1850-2005 3
13 CESM1-WACCM 1955-2005 4
14 CMCC-CESM 1850-2005 1
15 CMCC-CM 1850-2005 1
16 CMCC-CMS 1850-2005 1
17 CNRM-CM5 1850-2005 10
18 CSIRO-Mk3-6-0 1850-2005 10
19 FGOALS-g2 1900-2005 5
20 FGOALS-s2 1850-2005 3
21 FIO-ESM 1850-2005 3
22 GFDL-CM3 1860-2005 5
23 GFDL-ESM2G 1861-2005 3
24 GFDL-ESM2M 1861-2005 1
Continued on Next Page. . .
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Table 2.2 – Continued
Index Name Time Span Ensemble #
25 GISS-E2-H 1850-2005 5
26 GISS-E2-R 1850-2005 6
27 HadCM3 1860-2005 10
28 HadGEM2-CC 1960-2004 3
29 HadGEM2-ES 1860-2004 4
30 inmcm4 1850-2005 1
31 IPSL-CM5A-LR 1850-2005 5
32 IPSL-CM5A-MR 1850-2005 1
33 IPSL-CM5B-LR 1850-2005 1
34 MIROC-ESM 1850-2005 3
35 MIROC-ESM-CHEM 1850-2005 1
36 MIROC4h 1950-2005 3
37 MIROC5 1850-2005 4
38 MPI-ESM-LR 1850-2005 3
39 MPI-ESM-MR 1850-2005 3
40 MPI-ESM-P 1850-2005 2
41 MRI-CGCM3 1850-2005 3
42 NorESM1-M 1850-2005 3
43 NorESM1-ME 1850-2005 1
In this study, the region of East Africa is represented by the land area between 300E
and 520E and 100S and 120N (red box in Fig. 2.1). In order to reveal the SST anomaly
pattern associated with the decadal variability the East African long rains, three types of
analysis have been applied: Empirical Orthogonal Function (EOF) analysis (Wilks, 2011),
linear regression analysis (regression of SST at each grid point on the time series of the
East African long rains anomalies) and composite analysis (composite of SST anomalies
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over years when the East African long rains anomalies are one standard deviation below
from the mean). In all the analyses, a nine-year running average is applied to both the
precipitation and SST datasets before performing the analysis.
2.3 Observational analysis
Fig. 2.2a shows the nine-year-running-averaged anomalies (relative to the 1979-2000 base)
of the East African long rains in four observational datasets: GPCC, GPCP, CMAP and
CRU. The four datasets are consistent in showing drying over the most recent decades
when all have data. The GPCC anomalies have a slightly smaller magnitude than the
two satellite-gauge datasets GPCP and CMAP and the magnitude of the CRU drying
is only about half that of GPCC. The estimated linear trends from 1983 on are −0.19
mm day−1 decade−1 in GPCC, −0.33 mm day−1 decade−1 in GPCP, −0.35 mm day−1
decade−1 in CMAP and −0.08 mm day−1 decade−1 in CRU. All of these trends are
statistically significant at the 0.05 level. Estimation of the precipitation anomalies based
on the multi-satellite product (pure satellite product) from GPCP shows little difference
from the satellite-gauge result, indicating that the recent drying trend is not driven by
the loss of gauge coverage. The longer GPCC and CRU datasets suggest that the drying
trend in the most recent decades is part of the decadal variability of climate over East
Africa. There are at least four wet-dry cycles in the GPCC precipitation data for East
Africa. The first one started around the beginning of the data period and ended around
1930. The second one extended from about 1930 to the beginning of 1960s. The third
one is relatively short, from the end of the second cycle to the middle of 1970s. The last
one started from the end of the third cycle to the present day and probably continues.
The CRU data is generally consistent with the GPCC over the whole period and shows
similar decadal variability as in GPCC.
Besides the decadal variability described above, there is also a small centennial-scale
drying trend of −0.019 mm day−1 decade−1 (or −0.19 mm day−1 century−1 in GPCC,
similar to the time series over the same period in Figure 1b from Tierney et al. (2013).
It is unclear whether this trend is part of natural variability on longer time scales as
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Figure 2.2: (a): East Africa (300E–520E, 100S-120N) MAM precipitation rate anomaly
relative to the 1979–2000 base period in observations. Nine-year running average has
been applied to all the time series (though the 1979–2000 base is chosen and estimated
based on the non-running-averaged time series). (b): Regression of SST anomaly on the
negative of East Arica precipitation rate anomaly (i.e. b as in ssta = −b× pra) in MAM
over the period of 1901–2009. (c): Composite of MAM SST anomaly from years when
East Africa MAM precipitation anomaly is one standard deviation below the mean. In
both (b) and (c), The global average SST has been removed from the SST data by linear
regression and a nine-year running average has been applied to both the SST and the
precipitation. The SST and precipitation data are from ERSST and GPCC respectively.
Cross markers indicate being statistically significant at the 0.05 level.
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in Tierney et al. (2013) or an indication of a global warming signal as in Williams and
Funk (2011) or even associated with data issues (e.g. quality of data, the number of rain
gauges used per grid point and the way data have been interpolated) since the trend is
much weaker in the CRU dataset (only −0.041 mm day−1 century−1). However, if we
assume the trend is due to global warming, as represented by either global mean SST
or CO2 concentration, and there is a linear relationship between the warming and the
corresponding response in East Africa MAM precipitation, we can estimate the relative
importance of natural and forced variability in East Africa MAM precipitation on decadal
to centennial time scales. Fig. 2.3a shows the nine-year-running-averaged East Africa
MAM precipitation in GPCC before and after removing the postulated global warming
component, as represented by global mean SST anomalies from ERSST. Removing the
presumed global warming component decreases the magnitudes of wet anomalies at the
beginning of the period and the dry anomalies over the last decade but does not change
much the precipitation time series. The whole time series and the drying trend in recent
decades are still dominated by natural variabilities. Using CO2 instead of global mean
SST to represent the global warming forcing shows similar results (Fig. 2.3c). Since there
is little drying trend on the centennial scale in the CRU dataset, the global warming
component revealed by the linear regression method is much weaker than that of GPCC
and the dominance of natural variability is even stronger (Fig. 2.3b and 2.3d).
Lyon et al. (2013) associated the recent East African long rains drought with maps
of global MAM precipitation and SST anomalies and attributed the recent increase in
drought frequency to multidecadal variability of SSTs in the tropical Pacific, with cooling
in the east and warming in the west. Can similar SST anomaly patterns be found in
historical intervals when East African long rains are also in dry phases? Fig. 2.4 shows
the maps of MAM precipitation anomalies over land and SST anomalies in the four periods
when East African long rains are dry. Even though each dry period has its own features, it
seems the SST anomaly patterns over the Pacific Ocean are generally consistent over the
four periods. Warm SST anomalies appear in the northern, northwestern and southern
Pacific while cool SST anomalies appear over the the central to eastern Pacific. A small
21
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Figure 2.3: East Africa MAM precipitation anomalies (gray lines) and their residuals
(black lines) after removing the global warming signals (red lines). Dashed lines are the
corresponding linear trends (mm day−1 century−1). (a) and (c) use the GPCC dataset
while (b) and (d) use the CRU precipitation dataset. Global mean of MAM ERSST is
used as the global warming signal in (a) and (b) while annual mean CO2 concentration
is used in (c) and (d). All time series have been low-pass filtered by applying a nine-year
running average.
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inconsistency is found over the central tropical Pacific during the period of 1945-1963
(Fig. 2.4b) where warm SST anomalies appear. However, the SST anomalies over the
eastern Pacific are still negative. Over other oceans, however, SST anomaly patterns are
in general inconsistent. For example, the tropical Indian Ocean has warm SST anomalies
during the periods of 1914-1925 (Fig. 2.4a) and 1994-2005 (Fig. 2.4d) but cool anomalies
during the periods of 1945-1963 (Fig. 2.4b) and 1968-1976 (Fig. 2.4c). Over the Atlantic
Ocean, the periods of 1914-1925 (Fig. 2.4a) and 1968-1976 (Fig. 2.4c) have a pattern of
cooling in the north but warming in the south while opposite patterns are found during
the other two periods. Fig. 2.5 shows the composite from the sign functions of the four
SST anomaly maps in Fig. 2.4. Large positive or negative values appear over vast areas
of the Pacific Ocean but not the Indian Ocean or the Atlantic Ocean, consistent with the
previous analysis. Therefore, decadal variations in the East African long rains appear to
be controlled by SST over the Pacific, consistent with the numerical experiment results in
Lyon and DeWitt (2012) and Lyon et al. (2013), even though some studies suggest that
Pacific, Indian and Atlantic Oceans all contribute to the decadal variability of the East
African long rains (Omondi et al., 2013). The SST patterns over the Pacific are similar to
those found in the studies of Pacific interdecadal climate variability such as Deser et al.
(2004), although they focused on the boreal winter season. Along with the SST anomaly
patterns over the Pacific, there are also consistent precipitation anomaly patterns around
the global land areas (as noted by Herweijer and Seager 2008), including wet anomalies
in the southern Africa, dry anomalies in the western North America and the wet-dry-wet
pattern from the north to the south in South America. These consistent precipitation
anomalies indicate that they might also be attributed to the same SST anomaly pattern
in the Pacific as in the East African long rains case.
To obtain a more general relationship between the East African long rains and the
global SST pattern, Fig. 2.2b shows the map of regression of SST anomaly on the negative
of the East African precipitation anomaly during the long rains. The global average has
been removed from the SST by regression and a nine-year running average applied to
both the SST and the precipitation data. The regression coefficients show a La Niña-like
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Figure 2.4: Composite of MAM GPCC precipitation rate anomalies over land (brown-
green colors) and MAM ERSST anomalies (blue-red colors). Global mean has been re-
moved from the SST by linear regression and a nine-year running average has been applied
to both the SST and precipitation datasets before performing the composite analysis.
Cross markers indicate being statistically significant at the 0.05 level.
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Figure 2.5: Composite from the sign functions of the four SST anomaly maps in Fig. 2.4,
i.e. set the values on each grid to be 1/0/-1 if the SST anomaly on the grid is greater
than/equal to/less than zero and add the four sign maps up. Large positive or negative
values indicate strong consistence across the four maps of SST anomalies in Fig. 2.4.
spatial pattern, with negative values over the central and eastern tropical Pacific and
positive values over the western tropical Pacific. Positive values are also found in the
northern Pacific (around 400N) and southern Pacific (around 300S). These features are
consistent with the composite results from different dry periods in Fig. 2.4. Choosing the
years when the East African long rains anomalies are one standard deviation below from
the mean during the whole period and making a composite map of the SST anomalies for
these years again shows a similar pattern, confirming the robustness of the SST pattern
(Fig. 2.2c). The SST anomaly composite in Fig. 2.2c also shows large values over the
northern Atlantic but it does not mean it is associated with the East African long rains,
as discussed in the previous paragraph.
Can we find a mode directly from the SST data that has a similar spatial pattern
to that shown above and at the same time correlates with the East African long rains?
Fig. 2.6 shows the first EOF of the MAM SST after removing the global-averaged value
so as to focus on natural variability. A nine-year running average has also been applied
to emphasize the decadal variability. The first EOF explains 22% of the total variance
and shows a La Niña-like spatial pattern, with negative values over the central and east-
ern tropical Pacific and positive values over the western tropical Pacific. Positive values
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also appear over the northern Pacific (centered around 400N) and the southern Pacific
(centered around 300S). This pattern is very similar to that derived by regressing or com-
positing based on the precipitation data. The first principal component (PC1, time series
from the EOF analysis) shows decadal variability with positive and negative anomalies
lasting from years to decades. PC1 is closely correlated with the East African long rains
anomaly (correlation coefficient of −0.62). During the recent drying phase and that in
the 1970s, PC1 had positive values. In contrast, during the wet phases in the 1980s,
1930s and 1900s, PC1 had negative values. Therefore, the decadal variability of the East
African long rains has a clear association with decadal SST variation over the Pacific,
which is consistent with Lyon et al. (2013) but based on an analysis going further back
in time.
2.4 SST-forced models
We begin by showing the East African precipitation climatology for the SST-forced
ECHAM4.5 simulations and the GPCC observations in Fig. 2.7. Unlike typical monsoon
regions such as the Asian monsoon region where there is only one rainy season within a
year and the rainy season appears in the summer months (Yang et al., 2013), there are
primarily two rainy seasons across much of East Africa: the long rains (MAM) and the
short rains (OND). In some areas there is a relative maximum in July and August since
our East Africa region covers some area to the northwest where typical monsoon features
emerge. The model simulations in general overestimate the precipitation climatology in
every month but the overestimation is least in our months of interest, i.e. March, April
and May (the long rains). The belt specified by the 5th and 95th percentiles of the 24
ensemble members is generally narrow, indicating that the simulated climatology does
not differ much across the ensemble members. This gives us some confidence with regard
to the capability of the model to simulate East African precipitation.
Fig. 2.8a then shows the East African long rains anomaly in the ECHAM4.5 model
simulations. Comparing with the GPCC data, the ensemble mean time series captures
the drying trend since 1990. The ensemble mean also captures the wetting trend from
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Figure 2.6: The first EOF of the ERSST in MAM over domains of 30E-70W and 60S-60N
after removing the global mean SST and performing a 9-year running average. (a): The
first EOF spatial pattern. (b): The first principal component (time series from the EOF
analysis, lighter gray area plot, unit K) and East Africa MAM precipitation anomaly from









































Figure 2.7: East Africa (300E-520E, 100S-120N) precipitation rate climatology in GPCC
and ECHAM4.5 model simulations estimated over the period of 1979–2005. The gray area
indicates the range between the 95th and the 5th percentiles of the 24 ensemble members.
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middle 1950s to the late 1960s, but does not simulate the dry anomalies in the 1950s. An
even larger discrepancy appears in the 1970s and 1980s when there seems little relation
between modeled and observed precipitation. The width of the belt between the 5th
and 95th percentiles exceeds the standard deviation of the ensemble mean time series,
indicating that the modeled East African long rains are strongly influenced by internal
variability in addition to the SST forced component.
To determine the SST pattern associated with East African long rains variability, Fig.
2.8b shows the regression of ERSST on the ECHAM4.5 ensemble mean East African long
rains precipitation. Comparing with the observed pattern (Fig. 2.2b), we see that the
modeled regression pattern captures major large scale observed features over the Pacific,
although the modeled regression values over the northern Atlantic are much larger than
the observed. For example, positive SST values appear in the western tropical Pacific
while negative values lie in the central and eastern tropical Pacific. Similarly, there are
also positive bands in the southern Pacific centered around 300S and in the northern
Pacific centered around 400N. The composite SST anomaly map over the East African
region during anomalously dry long rains years (Fig. 2.8c) also resembles the ECHAM4.5
model captures the main features of the East African long rains-SST relationship.
We also did this analysis for the two other IRI forecast models, ECHAM5 and CCM3.6
(not shown). ECHAM5 underestimates the long rains precipitation climatology but re-
sembles ECHAM4.5 in many of the features described above. CCM3.6 has the worst
performance among the three models as it not only overestimates the long rains pre-
cipitation climatology but also has a wetting trend after 1996, which is opposite to the
observed trend.
Fig. 2.9 shows the East African precipitation climatology in the SST-forced CMIP5
AMIP experiments along with the observed values from GPCC. The multimoldel ensemble
mean agrees quite well with the GPCC climatology. The maximum model precipitation
correctly appears in the long rain season, i.e. March, April and May. Compared with
Fig. 2.7, the major difference is the broad spread among ensemble members. The width
between the 5th and 95th percentiles in the CMIP5 AMIP ensemble is much larger than for
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Figure 2.8: Same as Fig. 2.2 but for ECHAM4.5 instead of observations. The gray area
in (a) indicates the range between the 95th and the 5th percentiles of the 24 ensemble






































CMIP5 AMIP multiple−model mean
Figure 2.9: Same as Fig. 2.7 but for CMIP5 AMIP multimodel runs instead of
ECHAM4.5.
the ECHAM4.5 ensemble, indicating greater internal variability introduced by differences
among models.
As most models in the CMIP5 AMIP experiment only cover the period from 1979
to the present day, it is difficult to examine the decadal variability in these simulations.
However, we can assess whether the simulations produce the behavior since 1979. Fig.
2.10a shows the time history of the East African long rains anomaly in the CMIP5 AMIP
experiment models. The ensemble mean shows an overall drying trend, especially after
1990. The magnitude of the drying trend, however, is smaller than for GPCC and occurs
amidst a large spread among the ensemble members.
Both the regression of SST anomaly on the East African long rains anomaly (Fig.
2.10b) and the East African dry MAM years composite of SST anomalies (Fig. 2.10c)
show La Niña-like patterns, similar to the results in the observations and the IRI forecast
models. This indicates that the ensemble mean of the CMIP5 AMIP experiment simu-
lations is capable of capturing the relationship between the East African long rains and
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CMIP5 historical multiple−model mean
Figure 2.11: Same as Fig. 2.7 but for CMIP5 historical multimodel runs instead of
ECHAM4.5.
the SST anomaly pattern, although capability is limited only to recent decades.
2.5 CMIP5 historical experiment
Fig. 2.11 shows the East African precipitation climatology in the coupled CMIP5 histori-
cal experiments. The multimodel mean climatology does not agree with the observations;
it is clearly worse than the SST-forced IRI forecast models and CMIP5 AMIP simula-
tions. It underestimates the long rains (March, April and May) and overestimates the
short rains (October, November, December). The long rains peak during May instead
of April as in the observations. The spread is quite large. All of these problems have
also been reported in CMIP3 models (Anyah and Qiu, 2012). The drop in realism of
the precipitation simulation relative to the SST-forced atmosphere models arises in errors
introduced by the simulation of SSTs.
The multimodel mean among coupled models cancels out most of the internal variabil-
ities, whether generated by internal atmospheric or coupled atmosphere-ocean variability,
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and isolates the externally forced change. The CMIP5 historical multimodel mean does
not capture the time series of the East African long rains anomaly (Fig. 2.12a) showing
only a weak wetting trend after 1950. This forced wetting trend is consistent with the
21st century projections of the IPCC AR4 models (Figure 7a in Held and Soden 2006)
and the CMIP5 models (Fig. 2.1a). However, as the forced response is still weak relative
to the natural variability, it is difficult to say whether East Africa will have drier or wetter
long rains in the near future since this will strongly depend on the future evolution of
natural variability.
Fig. 2.12b shows the multimodel composite SST anomaly pattern for dry East African
MAM years of the CMIP5 historical simulations, after a 9-year running mean has been
applied. Comparing with Fig. 2.2c, there are many differences from the observations.
However, the CMIP5 historical simulations capture the observed relation with the SST
gradient over the tropical Pacific Ocean, although the cool anomalies over the central
tropical Pacific and the gradient are much weaker than observed. The significance of
the composite SST anomaly pattern is indicated in Fig. 2.12c, where the composite is
performed for each model and the number of models with positive composite values at
each grid point is counted. This pattern is in general consistent with Fig. 2.12b with
warm anomalies in the western tropical Pacific being the most robust model feature. The
large negative values appearing over the Indian Ocean in Fig. 2.12b and 2.12c suggest
that the Indian Ocean also is important for the decadal variability of the East African
long rains in the CMIP5 coupled models. Comparing to Fig. 2.2, we see that the CMIP5
coupled models overestimate the Indian Ocean’s relation to the East African long rains
climate on these timescales.
As the multimodel mean of the CMIP5 historical experiments is poor in capturing the
East African long rains-SST relationship and even simulates an incorrect climatology, it
is interesting to examine the performances of the individual models. Fig. 2.13 shows the
scatter plot of correlation coefficients against the differences of annual mean between the
seasonal cycles of the East African precipitation in the CMIP5 historical simulations and
that in GPCC. The mean values among the ensemble members for each individual model
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Figure 2.12: (a) and (b) are same as Fig. 2.8a and 2.8c respectively, but for CMIP5
historical multimodel runs instead of ECHAM4.5. (c): Number of models with positive
values in the composite analysis.
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are denoted by dots and the corresponding ranges are denoted by lines. The larger the
correlation coefficients and the smaller the absolute values of the differences, the better
the models’ performance. The criteria that the correlation coefficients are > 0.6 and the
absolute values of the differences are < 0.6 mm day−1 (denoted by the green box) leaves
four models that are best in simulating the East African precipitation seasonal cycle:
CSIRO-Mk3-6-0, HadCM3, IPSL-CM5A-MR and bcc-csm1-1-m. The four best coupled
models indeed do a much better job in simulating the observed climatology (Fig. 2.14)
than the multimodel mean (Fig. 2.11). Models CSIRO-Mk3-6-0 and bcc-csm1-1-m have
almost the same long rains precipitation climatology as the observed although they both
overestimate the short rains climatology, which is the same problem as in the case of
the multimodel mean. Models HadCM3 and IPSL-CM5A-MR capture the short rains
climatology very well but both underestimates the long rains climatology.
Are the four models that are best at simulating the East African precipitation climatol-
ogy able to capture the precipitation-SST relationship in the observations as shown in Fig.
2.2c? Fig. 2.15 shows the ensemble mean of the composite SST anomalies when the East
African long rains precipitation anomalies within each ensemble member are one standard
deviation below from the mean and Fig. 2.16 shows the corresponding time series. Of the
four coupled models, CSIRO-Mk3-6-0, IPSL-CM5A-MR and bcc-csm1-1-m capture the
cool anomalies over the central and eastern Pacific, although the magnitudes are in gen-
eral smaller than observed. HadCM3 has a contrast of cool/warm to the north/south of
the equator over the tropical Pacific, which is totally different from the observed pattern.
The observed positive bands in the southern and northern Pacific can only be seen in the
CSIRO-Mk3-6-0 model. The CSIRO-Mk3-6-0 model seems to be the the only model that
captures both the East African precipitation climatology and the East African long rains
precipitation-SST relationship in the observations. The time series from the four models’
simulations (Fig. 2.16) seem to have realistic amplitudes compared to the observed but
they are not synchronous with it, which is expected due to internal variabilities. At least
three of the four models (except CSIRO-Mk3-6-0) have a wetting trend for the multi-run
mean since 1990, which is opposite to the observations, indicating limited skills of these
36






















































































Figure 2.13: Scatter plot of correlation coefficients against annual mean differences be-
tween the climatology of East Africa precipitation in CMIP5 historical experiment models
and that in GPCC. Blue dots denote the ensemble mean values of each model and the
blue lines represent the range of ensemble members of each model. Numbers to the
bottom-right of the blue dots are the indices of the forty-three CMIP5 historical exper-
iment models. Models within the green box are the four best models based on the two
scores of correlation coefficients and the annual mean difference.
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Figure 2.14: Same as Fig. 2.11 but for the four best models.
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coupled models in predicting the East African long rains decadal variability.
2.6 Conclusion and discussion
The 2010-2011 East African severe drought raised the question of whether it is forced
by anthropogenic emissions of greenhouse gases or just a phase of long term natural
variability (Lott et al., 2013). Previous studies (e.g. Held and Soden 2006) and our own
estimate from CMIP5 (Fig. 2.1a) show that the East African long rains are projected to
get wetter under global warming, which is opposite to the recent drying trend. By using
different methods of analysis and focusing on decadal variability, our study reveals that
the drying trend is most likely part of decadal variability associated with natural SST
variability mainly in the Pacific Ocean and with a La Niña-like pattern as in Lyon and
DeWitt (2012) and Lyon et al. (2013). The following conclusions have been reached:
• The drying trend of the East African long rains in recent decades most likely arises
from natural decadal variability and is not anthropogenic origin.
• The decadal variability of the East African long rains can be explained by the decadal
variability of SST over the Pacific ocean. The dry phases of the East African long
rains are associated with positive SST anomalies over the western tropical Pacific
and negative anomalies over the central and eastern tropical Pacific (La Niña-like).
• ECHAM4.5 and 5 from the SST-forced IRI forecast models are able to capture
the precipitation climatology, the SST anomaly pattern associated with decadal
variability and the drying trend in recent decades. However, not all the models
perform well (e.g. CCM3.6 is not even able to capture the recent drying trend.)
• The SST-forced models of the CMIP5 AMIP experiments also capture the clima-
tology of the East Africa precipitation, although with varying skills. The simulated
East African long rains anomaly, which is only available over a short period, does
capture the recent observed drying trend in the multimodel mean and the associated
SST anomaly pattern is consistent with the observed.
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Figure 2.16: Same as Fig. 2.12a but for the four best models.
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• The multimodel mean of the fully coupled models of the CMIP5 historical experi-
ment underestimates the East African long rains and overestimates the short rains
with a considerable range of performance among the individual models. The multi-
model mean of the precipitation anomalies shows a weak wetting trend since 1950
that is much smaller than the internal variability. The SST anomaly pattern asso-
ciated with the dry phase of the East African long rains is associated with a SST
gradient over the tropical Pacific, although the magnitude of this is weak compared
to observations.
• CSIRO-Mk3-6-0 is the best model among the CMIP5 historical experiment coupled
models that captures both the East African precipitation climatology and the East
African long rains-SST relationship in the observations.
While SST-forced models are able to capture the recent drying trend in the East
African long rains and much of the decadal variability since 1950s, fully coupled models,
however, have systematic errors in simulating the East African precipitation climatology
(i.e. underestimating the long rains precipitation while overestimating the short rains pre-
cipitation) and give somewhat different SST patterns associated with decadal variability
of the East African long rains. This lack of coupled model skill casts doubt on projections
of future East African precipitation and on the use of these models to understand past
variations (e.g. Tierney et al. 2013).
Strong internal decadal variability of the long rains precipitation in East Africa, and
the generally poor ability of models to reproduce this and its atmosphere-ocean causes,
means that our ability to predict future variations is very limited. It should not be
assumed that recent drying trends represent an anthropogenically forced precipitation
change and they will continue. Nor should it be assumed that the model projection of
wetting in response to rising greenhouse gases is correct. We are distressingly far from
an adequate understanding or a usable ability to model climate variability and change in
this socially critical region.
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CHAPTER 3
The Annual Cycle of East African Rainfall in Observations ∗
3.1 Introduction
East Africa has experienced an increased frequency of droughts in recent years, primarily
due to the decline of rainfall during the March–May (MAM) “long rains” (a term used in
Kenya/Tanzania/Uganda, which is called “belg” or “small rains” in Ethiopia, and “Gu”
in Somalia), threatening the lives of millions of people in this hydrologically and politically
vulnerable region (FEWS NET, 2011; Lyon and DeWitt, 2012). Various mechanisms have
been proposed for this long rains drying trend. Williams and Funk (2011) related it to
the westward extension of the Indo-Pacific warm pool and associated Walker circulation
while Lyon and DeWitt (2012) and Lyon et al. (2013) linked it to a shift of sea surface
temperature (SST) over the Pacific basin to a La Niña-like pattern, occurring around
1998–99. A recent study (Yang et al., 2014b) demonstrated that the East African long
rains exhibit variability on decadal or longer time scales and the recent drying trend is
very likely part of this Pacific-centered decadal variability. Yet droughts in recent years
are unprecedented in terms of their severity over the past century.
Given the recent decline of the long rains, people are inevitably wondering what will
happen in the next few decades, particularly as the climate warms due to continued
anthropogenic emissions of greenhouse gases (GHGs). There is a strong consensus in
model projections from the Intergovernmental Panel on Climate Change (IPCC) Fourth
Assessment Report (AR4) and the more recent Coupled Model Intercomparison Project
Phase 5 (CMIP5, Taylor et al. (2012)) that the pattern of precipitation minus evaporation
(P − E) will be enhanced in the warming climate (Held and Soden, 2006; Seager et al.,
2010; Lâıné et al., 2014), which implies that the East African long rains will increase as
∗ The work of this chapter has been accepted and in press as: Yang, W., R. Seager, M. A. Cane,
and B. Lyon, 2014: The Annual Cycle of the East African Precipitation. J. Clim., in press, doi:
10.1175/JCLI-D-14-00484.1.
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they are part of the Intertropical Convergence Zone (ITCZ). This implies a recovery from
recent dry conditions, at least in part, in the coming decades. Indeed, this is the case
in the CMIP5 model projections as shown in Fig. 2b of Yang et al. (2014b). However,
some studies using high-resolution regional climate models forced by ensemble-mean global
climate model (GCM) projections on the lateral and ocean boundaries indicate a reduction
in the long rains (Vizy and Cook, 2012b; Cook and Vizy, 2013), leaving the long rains
projections more uncertain.
While GCMs display some consistency in their projections of East African precipita-
tion, the models’ capabilities in simulating the observed climatology and temporal vari-
ability are less clear. By examining the performance of both SST-forced models and the
coupled models used in the CMIP5 historical experiment in simulating the East African
long rains, Yang et al. (2014b) showed that, while some of the SST-forced models are able
to capture the observed decadal variability of the long rains, the coupled models, which
are used for the 21st century climate projections, generally fail to capture the correct long
rains-SST relationship. Moreover, the coupled models misrepresent the East African pre-
cipitation annual cycle by overestimating rainfall during the October–December (OND)
“short rains”, as was also reported for the CMIP3 coupled models (Anyah and Qiu, 2012).
To understand the discrepancy between the model simulations and observations, we
first need to better understand the observed East African precipitation climatological an-
nual cycle. This has drawn little attention in the past compared to inter-annual variability
but is a very important issue and the motivation of this study. It is also of interest to
explain why East Africa is in general semi-arid but has a bimodal annual cycle of precipi-
tation. In this paper, we investigate the atmospheric thermal conditions, circulation, and
moisture budget associated with the annual cycle of precipitation in this region and try to
address the following questions: why is deep-tropical East Africa largely semi-arid/arid
in terms of annual mean rainfall (Trewartha, 1961; Nicholson, 1996)? Why are there two
rainy seasons? What atmospheric environment conditions set the difference between the
rainy seasons and the dry seasons? What explains the difference between the two rainy
seasons? Why are the long rains stronger than the short rains? The remainder of this
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chapter is organized as follows: Section 4.2 describes the data used in the study; Section
3.3 briefly reviews the observed precipitation and topography in East Africa; analyses
of the atmospheric thermal condition, atmospheric circulation and moisture budget are
presented in Sections 3.4, 3.5 and 3.6, respectively; the main conclusions of the paper and
associated discussion are provided in Section 4.5.
3.2 Data
For precipitation, we use version 6 of Global Precipitation Climatology Centre (GPCC)
monthly precipitation (Rudolf et al., 2010), which is a gauge-based, 0.50 longitude × 0.50
latitude gridded global land surface dataset for the period 1901–2010 available from http:
//iridl.ldeo.columbia.edu/expert/SOURCES/.WCRP/.GCOS/.GPCC/.FDP/.version6/
.0p5/.prcp/. For comparison, we also use version 2.2 of the Global Precipitation Cli-
matology Project (GPCP) monthly precipitation dataset from 1979 to 2010 (Huffman
et al., 2009), which combines gauge observations and satellite data into 2.50 longitude
× 2.50 latitude global grids and is available from http://iridl.ldeo.columbia.edu/
expert/SOURCES/.NASA/.GPCP/.V2p2/.satellite-gauge/.prcp/. The observed sea
surface temperature (SST) is from version 3b of the NOAA National Climate Data Center
(NCDC) Extended Reconstructed Sea Surface Temperature (ERSST) (Smith et al., 2008),
which is a globally gridded monthly dataset with a spatial resolution of 20 longitude ×
20 latitude from 1854 to the present and available from http://iridl.ldeo.columbia.
edu/expert/SOURCES/.NOAA/.NCDC/.ERSST/.version3b/.sst/.
To estimate the thermal conditions, circulation and moisture budget, we use the Eu-
ropean Centre for Medium-Range Weather Forecasts (ECMWF) Interim Re-Analysis
(ERA-Interim) (Dee et al., 2011), which covers the post-1979 period and is the latest
of the ECMWF reanalyses. ERA-Interim is generally considered to be improved in many
aspects compared to its precursor, the 40-yr ECMWF Re-Analysis (ERA-40) (Berrisford
et al., 2011). In this paper, all seasonal climatologies and annual cycles are computed
based on a 1979–2009 base period with the seasons defined as: winter dry season(January–
February, or JF); the long rains season (MAM), the summer dry season (June–September,
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or JJAS) and the short rains season (OND). These definitions follow the largely bimodal
precipitation annual cycle found over much of this region.
3.3 Precipitation and topography
The uniqueness of East African precipitation can be seen from Fig. 3.1. While most
tropical lands have a wet annual climatology, much of East Africa is dry with precipitation
less than 2 mm day−1 (Fig. 3.1a), consistent with a previous study (e.g. Fig. 16.7 in
Nicholson, 2011, p. 299). Some regions (including the western and eastern coastal areas of
South America between 00 and 120S and the northern African interior around 100N) also
have a precipitation climatology less than 2 mm day−1, but the area is not comparable in
scale with East Africa. The 120S–120N GPCC climatological annual mean precipitation
as shown in Fig. 3.1b demonstrates that tropical land generally has less precipitation in
Africa than South America and the Maritime continent, and East Africa is even drier than
western Africa. The eastern Horn region is the precipitation minimum at all longitudes.
Fig. 3.1c (shading) shows the normalized annual cycle of GPCP monthly climatology
at 50N (the latitude is denoted by a blue horizontal line in Fig. 3.1a ). East African
longitudes at this latitude have a distinctive bimodal annual precipitation cycle, with the
major and minor peaks in April and October, respectively. Other longitudes over land
generally only have a single peak, although the peak months differ for different longitudes.
For example, the annual cycle of precipitation over South America largely peaks between
May and July, while for the African interior longitudes, the peaks are between July and
October. It should be noted that the western end of Africa at 50N does have a bimodal
annual cycle, but the two peaks are often viewed as one rainy season that is interrupted by
the so-called midsummer drought (Karnauskas et al., 2013). Fig. 3.1d shows the annual
cycles of downward, top of the atmosphere (TOA) solar radiation at 50N (red line with
circles). The two peaks of the solar radiation annual cycle (March and September) lead
the two corresponding East African precipitation peaks by one month. The solar radiation
is also greater in the boreal summer season than the winter season but precipitation over
East African longitudes in boreal summer is comparable with or less than that in the
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Figure 3.1: a) GPCC climatological annual mean precipitation. The vertical and hori-
zontal blue lines are at the 300E and 520E longitudes and the 50N latitude, respectively.
b) 120S–120N averaged GPCC climatological annual mean precipitation in panel a. The
shaded rectangle marks the longitudinal range of East Africa (300E–520E). c) Normalized
annual cycle of GPCP monthly climatology at 50N (shading). Vertical blue solid lines
indicate 300E and 520E and dashed lines indicate the longitudinal edges of South America
and Africa at 50N. d) Annual cycle of the monthly climatology of downward, top of the
atmosphere solar radiation at 50N from NCEP/NCAR reanalysis. All climatologies are
estimated based on the period of 1979–2009.
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winter, suggesting that it is difficult to simply attribute the East African precipitation
annual cycle directly to the incoming solar radiation forcing.
One of the major factors responsible for the climate in East Africa is the complex
topography (Nicholson, 1996; Lyon, 2014). Fig. 3.2 shows the topographic elevation map
of East Africa. The topography of East Africa can be roughly characterized by the coastal
plain to the east and the generally north-south orientation of the interior highlands. The
highlands to the north (the Ethiopian Highlands) and to the south (the East African High-
lands) are separated by a narrow gap (the Turkana Channel), which connects the area of
relatively low topography to the northwest and the eastern coastal plain. Local variations
in climate over East Africa are greatly influenced by these topographical features as they
play an important role in the low-level atmospheric circulations and moisture transport
(Findlater, 1969; Kinuthia and Asnani, 1982; Kinuthia, 1992).
The annual cycle of precipitation over much of East Africa shows a bimodal distri-
bution although in some regions a unimodal distribution dominates. In order to show
the spatial distribution of the precipitation annual cycle types, the Fourier harmonics of
the precipitation annual cycle are estimated in the GPCC data at each grid point and
the ratio |c2/c1| of the amplitude of the semi-annual-period harmonic c2 (representing
the bimodal distribution) to the annual-period harmonic c1 (representing the unimodal
distribution) is calculated. Fig. 3.3 shows the spatial distribution of the binary logarithm
of this ratio so that positive (negative) values occur where the bimodal (unimodal) distri-
bution dominates. It can be seen that the bimodal distribution dominates to the east of
the highlands and near the equator while the unimodal distribution dominates over the
southern and northwestern parts of the study domain. The average precipitation annual
cycle over box 1 (shown to the right of the box) has the typical two rainy seasons in East
Africa: the long rains in MAM and the short rains in OND. In contrast, boxes 2 and 3
only have one rainy season: the precipitation peaks during boreal summer over box 2 and
during austral summer over box 3, both showing a typical monsoonal character.
An even simpler way to identify the bimodal areas from the unimodal areas is to
compare the precipitation rate during the long rains season (prMAM) with that during
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Figure 3.2: Topographic elevation map of East Africa. The insert shows the topographic
elevation for all of Africa and a box indicating the East African region of focus in this
study.
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Figure 3.3: Distribution of precipitation (from GPCC) annual cycle type, which is mea-
sured by log2 |c2/c1|, where c1 and c2 are the Fourier harmonics of the annual period
and the semi-annual period, respectively. Positive (negative) values occur when the semi-
annual (annual) period mode dominates. Boxes 1, 2 and 3 have ranges of [400E, 440E]
× [10N, 50N], [310E, 350E] × [60N, 100N] and [320E, 360E] × [80S, 40S] respectively.
Bar graphs next to the boxes show the annual cycle of precipitation averaged over the
corresponding boxes.
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the boreal summer (prJJAS) and during the boreal winter (prJF ) and select the areas
satisfying the criteria: prMAM > prJJAS and prMAM > prJF . The results are highlighted
as gray shadings in the mini panel in the middle of Fig. 3.4 and mainly cover the areas
to the east of the highlands, a similar pattern to that with the positive-values in Fig. 3.3.
Hereafter the term “East Africa” is used to refer to the gray-shaded areas in Fig. 3.4
when an area average is implied. The area-averaged precipitation annual cycle over the
shaded area is shown in Fig. 3.4 and has the typical bimodal annual precipitation cycle
of East Africa. Both the GPCC and GPCP precipitation datasets show similar results,
with wettest conditions during the long rains season (area average precipitation greater
than 2 mm day−1), relatively wet conditions during the short rains season (precipitation
between 1.5 mm day−1 and 2.5 mm day−1) and comparatively dry conditions during other
seasons (precipitation less than 1.5 mm day−1). April is the wettest month of the year,
with precipitation close to 4 mm day−1.
What is the spatial distribution of precipitation during the different seasons? Fig. 3.5
shows the seasonal climatologies of precipitation over East Africa. Months not covered
by the long rains and the short rains are grouped into the boreal winter season (JF) and
the boreal summer season (JJAS) as mentioned previously. During the long rains (Fig.
3.5b), the precipitation rate over the coastal areas to the east of the highlands peaks and
in general exceeds 1 mm day−1 except in the northeastern extreme of the Horn. The short
rains (Fig. 3.5d) show a similar precipitation pattern to the long rains but with a slightly
weaker magnitude. During the boreal winter season (Fig. 3.5a), the precipitation maxima
appear over the southern extreme of the study domain, and are part of the ITCZ. The
northern half of the region is generally dry except for some small areas over the highlands.
During the boreal summer season (Fig. 3.5c), the largest rainfall amounts are found in
the northwest, especially over western areas of the northern highlands, where they form
the eastern reach of the West African monsoon. Moderately wet conditions are also found
right on the east coast between 60S and 20N during JJAS, probably caused by an onshore
breeze. Other regions are generally dry during this season.
Fig. 3.5 also shows the climatological values of SSTs off the east coast and it is seen
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Figure 3.4: The annual cycle of East African area-averaged precipitation from GPCC and
GPCP. The grid points to be averaged are chosen by the criteria that the precipitation rate
during the long rains (MAM) is greater than that during both boreal summer (JJAS) and
boreal winter (JF) so that the areas with bimodal precipitation annual cycle are focused
on. The mini panel in the middle shows the areas satisfying the criteria (gray shading),
which resemble the areas with positive values in Fig. 3.3. The thick black lines are the
1000 m topographical elevation contours.
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Figure 3.5: Seasonal climatologies of precipitation (mm day−1) from GPCC over East
Africa and SST (0C) from ERSST off the east coast. The red lines are the smoothed
contours of the 1000 m topographical elevation.
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that the seasonal precipitation to the east of the highlands co-varies with the near-coast
SSTs. SSTs are highest during the long rains season (greater than 28.5 0C) and are
around 1.5 0C cooler, yet with a similar pattern, during the short rains season. SSTs
are coolest during boreal summer when the overall coastal conditions are driest. During
boreal winter, a relatively strong north-south SST gradient is evident and there is an
associated gradient in precipitation between the north and the south. The relationship
between the East African precipitation and the near-coast SST, or the western equatorial
Indian Ocean (WEIO) SST, is further demonstrated in their annual cycles in Fig. 3.6.
Despite of imperfect month-to-month covariation, both the precipitation and SST peak
in April and have the overall lowest values during the July–September season. It is noted
that the JF SSTs are as high as the November and December values, yet the JF season
is as dry as the boreal summer season. This might be due to the strong north-south SST
gradient in JF as shown in Fig. 3.5a: the cool SST in the north is related to the dry
condition over much of East Africa while the warm SST in the south contributes to the
similarly high area-averaged SST as in the OND season.
The precipitation-SST relationship suggests that SSTs might play an important role
in the annual cycle of East African precipitation. Previous studies (McCreary et al.,
1993; Murtugudde et al., 1996, 2007) demonstrated that both surface heat flux and ocean
dynamics play import roles in the annual cycle of Indian Ocean SSTs. For example,
during boreal summer, the cold SSTs off the coast of East Africa are driven by a wide
range of processes including upwelling, horizontal advection, mixed layer entrainment and
latent flux (McCreary et al., 1993). These results imply that external forcings that are
responsible for the East African precipitation annual cycle might be intrinsically complex.
3.4 Atmospheric thermal condition
Tropical precipitation is strongly connected with the thermal state of conditional insta-
bility (Emanuel et al., 1994). One simple measurement of this instability is the difference
between the surface moist static energy (MSE, which is defined as h = cpT + Lq + gz,
where cp, T , L, q, g and z are specific heat capacity at constant pressure, absolute air
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Annual cycles of EA precipitation and near-coast SST
WEIO SST
Figure 3.6: East African precipitation annual cycle from GPCC (blue line) and annual
cycle of SST over the western equatorial Indian Ocean (WEIO, ocean area within 100S–
100N and 300E–600E, red solid line).
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temperature, latent heat of evaporation, gravity acceleration and the height above the
surface, respectively) and the saturated MSE at 700 hPa (denoted as hs − h∗700hPa). 700
hPa is chosen as the first standard pressure level clearly above the boundary layer. A
similar definition can also be seen in Cook and Seager (2013). Fig. 3.7 shows the seasonal
climatologies of hs − h∗700hPa (which has been normalized by the heat capacity of the air
at constant pressure cp so it has the unit of degree Kelvin). In JF (Fig. 3.7a), there is
a strong north-south gradient of the conditional instability seasonal climatology (colors).
Most areas over the northern half of the region are also extremely stable, corresponding to
the dry areas in Fig. 3.5a. Southern areas are less stable, favoring much wetter conditions.
The north-south gradient in the seasonal climatology of stability and precipitation during
JF arises mainly from a similar pattern of changes from the previous season (contours).
In MAM (Fig. 3.7b), the stability weakens over northern areas and slightly strengthens
over the extreme south which is accompanied by northward expansion of the precipita-
tion and the occurrence of the long rains as shown in Fig. 3.5b. In JJAS (Fig. 3.7c), the
stability continues to weaken over the northwest monsoon area but strengthens elsewhere,
resulting in a northwest-southeast gradient of stability over the region, corresponding to
a similar pattern of precipitation in this season (Fig. 3.5c). In OND (Fig. 3.7d), stability
strengthens over the northwest but weakens over most of the east, which is accompanied
by the short rains season (Fig. 3.5d).
The seasonal climatologies of the conditional instability and the season-to-season
changes over East Africa are dominated by the changes in surface MSE (hs, Fig. 3.8)
rather than the 700 hPa saturated MSE (h∗700hPa, not shown), as shown by the resem-
blance of Fig. 3.8 to Fig. 3.7 (colors and contours). Fig. 3.9 shows the annual cycles
of the surface MSE and the saturated MSE at 700 hPa over the bimodal precipitation
areas (shaded areas in Fig. 3.4). The amplitude of the surface MSE cycle is around three
times stronger than that of the 700 hPa saturated MSE cycle. As a result, the differ-
ence between the two (the gray line) has a pattern similar to the surface MSE. While
the annual cycle of the 700 hPa saturated MSE is dominated by the annual harmonic,
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Figure 3.7: Seasonal climatologies of the surface moist static energy (MSE) minus the
saturated MSE at 700 hPa (colors) and their changes from the previous season (contours),
both from the ERA-Interim Re-Analysis. The MSE is normalized by the heat capacity of
the air at constant pressure so that it has the unit of degree Kelvin. The thick red lines
are the contours of the 1000 m topographical elevation.
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(Schneider, 1996), the surface MSE is dominated by the semi-annual harmonic, similar to
the precipitation annual cycle. Large surface MSE appears during the two rainy seasons,
with values during the long rains larger than for the short rains. April is the month of
maximum surface MSE across the year, consistent with the maximum precipitation rate
during this month (Fig. 3.4).
We further decompose the surface MSE into the component associated with tempera-
ture and the component associated with moisture (the component of MSE associated with
geo-potential height has little seasonal variation and is not discussed here). The seasonal
cycle of the surface MSE is dominated by the moisture component (Fig. 3.10) and the
variation of the temperature component can largely be neglected (only around one fifth of
the moisture component and not shown here). Both the seasonal climatologies, and the
season-to-season changes of the moisture component of the surface MSE, resemble those
of the conditional instability in Fig. 3.7, suggesting that the annual cycle of the surface
air conditional instability is largely explained by the moisture component of the surface
MSE. Hence we need to explain the seasonal cycle of the moisture field across East Africa.
3.5 Atmospheric circulation
Fig. 3.11 shows the seasonal climatologies of 10 m winds from ERA-Interim Re-Analysis
and their divergence. During JF (Fig. 3.11a), the Asian winter monsoon northeasterlies
prevail and bring relatively cold and dry air into East Africa from the northeast. The 10 m
winds are generally convergent to the east of the highlands, probably due to deceleration
by surface friction as they penetrate inland. Yet most of the time these convergent winds
are not able to bring precipitation because of the convectively stable atmosphere (as
described in the previous section) as well as the shallowness of the convergence layer (as
will be presented in the next paragraph).
During MAM (Fig. 3.11b), southeasterlies replace the northeasterlies and bring warm
and moist air from the southeast, that is, from over the southwest Indian Ocean, where
climatological SSTs are their highest of the year (Fig. 3.5b). The surface winds are
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Figure 3.8: Seasonal climatologies of the surface MSE (colors) and its change from the
previous season (contours) from the ERA-Interim Re-Analysis. The MSE is normalized
by the heat capacity of the air at constant pressure so that it has the unit of degree
Kelvin. The thick red lines are the contours of the 1000 m topographical elevation.
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Figure 3.9: Annual cycles of surface MSE and the saturated MSE at 700 hPa pressure
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Figure 3.11: Seasonal climatologies of the 10 m wind (vectors) and its associated diver-
gence (colors, units are 10−6 s−1) and from ERA-Interim. The thick red lines show the
smoothed 1000 m elevation contours.
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become divergent near the entrance of the Turkana Channel between the northern and
the southern highlands, due to the easterly acceleration when going through the entrance.
Fig. 3.11c shows the 10 m winds in JJAS. The southeasterlies intensify and turn east
slightly as they travel further north, while their dynamics becomes intrinsically nonlinear
(Yang et al., 2013). The low level southerlies off the equatorial East African coast, com-
monly known as the East African Low Level Jet (Findlater, 1969), are part of the Asian
summer monsoon system. The 10 m winds accelerate as they travel across eastern land
areas, resulting in divergence of the wind field. It is interesting to note that even though
the along-coast component of the surface winds over eastern land areas becomes stronger
in JJAS than MAM, the onshore components are comparable. However, in contrast to
the long rains in MAM, land areas are extremely dry in JJAS, when SSTs off the east
coast are the coldest in the annual cycle (Fig. 3.5c) and the air above is comparatively
cold and dry, resulting in cool, dry and stable air advecting over East Africa.
During OND (Fig. 3.11d), the jet weakens and the magnitude of the onshore and
southerly flow south of the Equator changes back to the MAM level. In general, the surface
wind pattern resembles that in MAM except over the northeast, where northeasterlies or
easterlies prevail in OND while southeasterlies prevail in MAM. The spatial distribution
of precipitation in OND (Fig. 3.5d) is also similar to that in MAM (Fig. 3.5c) although
the overall rainfall rates are slightly weaker in the short rains season (OND), possibly due
to the cooler SSTs at this time.
The 850 hPa winds (Fig. 3.12) show a similar pattern to that at the surface. However,
the divergence field is completely different from the surface, with year-round divergence
over almost all land areas to the east of the highlands. The magnitude of the divergence
of the wind field is stronger during the dry seasons of JF and JJAS and weaker during
the wet seasons of MAM and OND, consistent with the precipitation annual cycle.
Fig. 3.13 shows a vertical cross-section of the annual cycle of the area-averaged di-
vergence over East Africa. Although convergence appears near the surface, the low level
atmosphere immediately above is dominated by divergence across the year, especially be-
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Figure 3.12: Seasonal climatologies of 850 hPa wind (vectors) and its associated divergence
(colors, units are 10 −6 s−1) and from ERA-Interim. The thick red lines show the smoothed



























































































































Figure 3.13: Annual cycles of wind divergence averaged over the shaded area shown in
Fig. 3.4 .
maxima appearing at the beginning of the long rains and just before the short rains.
Accordingly, the upper level atmosphere is dominated by convergence year-round, with
maximum convergence appearing during the dry seasons and weak convergence appearing
during the rainy season, in phase with the precipitation annual cycle.
Consistent with the dominance of the low level divergence and upper level conver-
gence, the seasonal climatologies of the 500 hPa vertical pressure velocity (Fig. 3.14) are
dominated by downward motions year-round, with larger values during the dry seasons
and weakening during the rainy seasons. Fig. 3.15 shows the annual cycle of the area-
averaged vertical pressure velocity on different pressure levels. Although the low level
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atmosphere is dominated by upward motion, these do not penetrate into the middle at-
mosphere, where the downward motions dominate, except during the long rains season.
This is consistent with the divergence shown in Fig. 3.13. The seasonal cycles of vertical
motion and divergence are consistent with that of convective instability, which derives
primarily from the seasonal cycle of moist static energy of low level air.
3.6 Moisture budget
The vertically integrated moisture budget was evaluated based on 6-hourly data from
the ERA-Interim Reanalysis. The equation is the same as equation (13) in Seager and
Henderson (2013) and is rewritten here:












where P is precipitation rate; E is evaporation rate (here understood to include evapo-
transpiration); g is acceleration due to gravity; ρw is liquid water density; ps is surface
pressure; q is humidity; ~u is horizontal wind velocity. The monthly mean version of (3.1),
after neglecting the local rate of change term and variations of surface pressure, is:

















where the over bars and primes denote monthly mean and deviation from the monthly
mean, respectively. If we compute a seasonal climatology of the above equation, the final
moisture budget equation becomes:
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Figure 3.14: Seasonal climatologies of 500 hPa vertical pressure velocity (ω) from ERA-
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Figure 3.15: Annual cycles of vertical pressure velocity (ω) from ERA-Interim averaged





























and the top bar denotes seasonal climatology. Here VIqmum and VIqpup represent the
seasonal climatologies of the vertically integrated moisture flux due to monthly mean
circulation and sub-monthly eddies, respectively, with DVIqmum and DVIqpup the cor-
responding divergences. In these names, “qm” and “um” denote monthly mean specific
humidity and circulation, while “qp” and “up” represent deviations from their monthly
means. These terms were evaluated in the ERA-Interim Reanalysis as in Seager and
Henderson (2013) and the notations and naming conventions are also briefly described in
http://kage.ldeo.columbia.edu/naomi/notation.pdf.
Fig. 3.16 shows the seasonal climatologies of VIqmum (VIqpup has much smaller
magnitude than VIqmum and its map is not shown here). These fluxes in general follow
the pattern of the low level circulation (Fig. 3.12) as most of the moisture in the atmo-
sphere is concentrated within the bottom layer. The estimated net moisture transport
from the Indian Ocean through the East African coast noted in Fig. 3.16 (sum of the
three terms) is much greater during the rainy seasons than the dry seasons, consistent
with the precipitation annual cycle in this region. The net transport is low in JF (Fig.
3.16a) because the moisture flux is almost parallel to the coast in this season while during
summer strong moisture flux out into the Indian Ocean across the northeastern coast is
responsible for the lowest net moisture import into East Africa (Fig. 3.16c).
We also assess the relative importance of the circulation annual cycle and humidity
annual cycle in the annual cycle of total moisture transport from the Indian Ocean into
East Africa by estimating the moisture transport with four different combinations of q
u, and v: 1) monthly mean q, u, and v; 2) monthly mean u and v and annual mean q
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Figure 3.16: Seasonal climatologies of the vertically integrated moisture flux of the
monthly circulation and humidity from ERA-Interim. The stepwise numbered red lines
approximate the coast and the moisture transports (westward/eastward transports are
positive/negative ) through these lines are listed in the box to the right.
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(to assess the importance of the circulation annual cycle); 3) monthly mean q and annual
mean u and v (to estimate the importance of the humidity annual cycle); 4) annual mean
q, u and v (the base component without an annual cycle). With the last combination
estimated as 190 ×106 kg s−1, the results of the first three combinations, after the base
component is removed, are shown in Fig. 3.17. The moisture transport estimation based
on monthly mean q, u, and v (red bars) is consistent with the precipitation annual cycle
over East Africa as shown before, with higher values in rainy seasons than in dry seasons.
Meanwhile, both the component associated with the circulation annual cycle (green bars)
and the component associated with the humidity annual cycle (blue bars) follow the total
moisture transport but the magnitude of the former is at least two times larger than that
of the latter. This implies that the circulation annual cycle is more important than the
humidity annual cycle in the annual cycle of moisture transport from Indian Ocean into
East Africa.
Fig. 3.18 shows the annual cycles of the different terms in the moisture budget equation
averaged over East Africa. The precipitation from the ERA-Interim Reanalysis (the green
dashed line) is able to capture the annual cycle of the GPCC data (the green solid line)
although it also has the problem of overestimating the magnitude of the short rains.
Evaporation has comparable magnitude to the precipitation but much weaker season-
to-season variations. The divergence of the vertically integrated moisture flux can be
decomposed into the component associated with the monthly mean flow and moisture
(DVIqmum) and the component due to sub-monthly eddies (DVIqpup). There is mean
flow moisture divergence, indicating atmospheric exportation of moisture in all months
except in April and October. The eddy component, DVIqpup, is much weaker and out
of phase with the mean flow component. It should be noted here that the annual mean
E is much greater than the annual mean precipitation either from GPCC or from ERA-
Interim, which was also found in previous studies and usually attributed to extensions of
oceanic P − E patterns near coasts due to models’ low resolution (Dai and Trenberth,
2002). As our focus here is primarily on the annual cycle instead of the annual mean
climatology, this is not a big problem. The sum of the three components (E, the mean
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monthly u/v; annual mean q
monthly q; annual mean u/v
Figure 3.17: Vertically integrated moisture transports from the Indian Ocean into East
Africa through the coast between 100S and 120N in the four seasons (the annual mean q, u
and v component, which is estimated as 190 ×106 kg s−1, has been removed to emphasize
the annual cycle). Different colors show results from different cases with red bars using
monthly mean q, u and v, green bars using annual mean q and monthly mean u and v,
and blue bars using annual mean u and v and monthly mean q.
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Figure 3.18: Annual cycles of the moisture budget terms averaged over the areas shown
in Fig. 3.4 from ERA-Interim.
and transient flow moisture convergence, the gray line) approximates the precipitation
annual cycle very well, especially for the GPCC data (correlation coefficient 0.94). These
results demonstrate that the moisture budget analysis does a good job in East Africa in
terms of annual cycle. Fig. 3.18 also shows that the two seasonal precipitation peaks
are driven by the two periods of mean flow moisture convergence, which are themselves
driven by the two peaks in low level mean flow mass convergence. The seasonal cycle of
the area mean moisture convergence is in turn related to that of the moisture transport
across the East Africa coast.
3.7 Conclusion and discussion
Recent studies have demonstrated that coupled models used in CMIP3/5 generally mis-
represent the East African precipitation annual cycle by overestimating the short rains
(rainfall in OND) (Yang et al., 2014b), which casts doubt on the reliability of projections
of future East African precipitation (Waithaka et al., 2013). To understand the discrep-
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ancy between the model simulations and observations in this regard, a natural first step
is to better understand the observed East African precipitation annual cycle. By using
ERA-Interim reanalysis data, we have analyzed the seasonal climatologies and annual cy-
cles of atmospheric thermal condition, circulation and moisture budget, which are closely
related to the East African precipitation annual cycle. The following conclusions have
been reached:
• The off-coast SSTs (i.e. the western Indian Ocean SSTs) annual cycle is closely
related to that for East African precipitation. These SSTs are higher during the
rainy seasons than in the dry seasons and are highest during the long rains.
• The atmosphere is generally conditionally stable throughout the year but the degree
of instability measured as the difference between surface MSE and the saturated
MSE at 700 hPa follows the precipitation annual cycle, i.e. less stable during the
rainy seasons and more stable during the dry seasons and least stable during the
long rains season.
• The annual cycle of the atmospheric stability is dominated by the surface MSE,
and, in particular, by the annual cycle of surface humidity.
• Although convergence prevails very near the surface, divergence in the low level
troposphere and convergence in the upper level troposphere dominate year-round.
• Consistent with the divergence field, the vertical velocity is predominantly downward
in the middle troposphere and the magnitude is stronger in dry seasons than in rainy
seasons.
• The vertically integrated moisture flux is dominated by the monthly mean compo-
nent with the sub-monthly eddy component much weaker. The total cross-coast
moisture transport from the Indian Ocean into East Africa follows the precipitation
annual cycle in this region. The annual cycle of this transport is primarily due to
the circulation annual cycle and the role of the humidity annual cycle is secondary
but modifying .
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• The area-averaged mean flow moisture convergence follows the East African precip-
itation annual cycle and, when combined with the transient eddy convergence and
evaporation (E), approximates the observed East African precipitation annual cycle
very well.
The region of East Africa, while in the deep tropics and surrounded by the world’s
major monsoons (the south Asian monsoon, the west African monsoon and the Australian
monsoon), does not exhibit either a wet climate in terms of annual mean precipitation
or a monsoonal climate in terms of precipitation annual cycle. Instead, East Africa
is dominated by a semi-arid/arid climate with a bimodal annual cycle of precipitation.
Traditionally, the aridity was considered to be associated with the dominant low level
divergence (Trewartha, 1961), which in turn was assumed to be caused by a wind stress
contrast between land and ocean (Nicholson, 1996). However, the wind stress mechanism
would be greatest near the surface and along immediate coastal areas. Our results (Fig.
3.11) show that the surface winds are mostly convergent along the east coast while the
850 hPa winds are predominantly divergent over much of the region to the east of the
highlands (Fig. 3.12). This is in contrast to the wind stress mechanism.
So what mechanism might be responsible for the semi-arid/arid climate in East Africa?
Unlike extra-tropical precipitation, which is mainly driven by synoptic scale baroclinic
eddies (Lee and Held, 1993; Pierrehumbert and Swanson, 1995; Chang et al., 2002; Yang
et al., 2007), tropical rainfall mostly arises from moist convection, in which the subcloud
MSE plays a key role in the framework of quasi-equilibrium (QE, Emanuel et al. (1994)).
The QE framework has been applied to study the mechanisms that limit the poleward
extent of summer monsoons (Chou and Neelin, 2001, 2003), the location of monsoons
(Privé and Plumb, 2007a,b), and the role of orography in monsoons (Boos and Kuang,
2010). An important and relevant idea from these studies is that ventilation (which was
defined as the import of low MSE air by advection from cooler oceans) depresses local
convection and precipitation by decreasing the subcloud MSE. It should be noted that the
ventilation mechanism in these studies is generally applied only in the subtropical margins
of convection zones because of drier and cooler air to the poleward side. However, in the
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case of East Africa, there are strong low-level cross-equatorial monsoonal winds during the
dry seasons, especially in summer, which can bring much lower MSE air from the winter
hemisphere into East Africa and stabilize the atmosphere. The north-south orientated
highlands act to block the import of high MSE air from the west as well as leading
to the formation of the East African low-level jet (Findlater, 1969). Indeed, numerical
experiments without topography (Fig. 1a in Chou and Neelin (2003)) demonstrated that
East Africa is much wetter during the boreal summer season due to the fact that the low-
level jet in observations is now replaced by westerlies in the simulation, which bring high
MSE air from the interior of Africa to the west. Furthermore, SSTs near the coast are
generally cool compared to values further offshore (Fig. 3.5) and a cool west-warm east
SST gradient off the coast exists year-round. Therefore, even in the rainy seasons when
the air is imported from the western tropical Indian Ocean by the weak onshore winds, it
is still difficult for East Africa to develop as high subcloud MSE as in regions with high
coastal SSTs. Since the saturated MSE above the boundary layer is near uniform across
the tropics (Sobel et al., 2001), and influenced by the warmest of tropical regions, low
subcloud MSE in East Africa ensures overwhelming stable conditions to moist convection.
The bimodal annual cycle is therefore proposed to be the result of the annual cycle of
monsoonal winds combining with the annual cycle of the Indian Ocean SST. During boreal
winter precipitation over East Africa is suppressed due to advection of low-MSE air from
the cold northern Indian Ocean. During boreal summer the precipitation is suppressed
due to even stronger advection from the cool Indian Ocean with the cool Indian Ocean
resulting from both winds coming from the winter hemisphere and the coastal upwelling
associated with the Somali Jet. During the two rainy seasons, the low-level winds are much
weaker and thus have less impact on the surface air MSE over East Africa. Moreover,
the SSTs off the coast are higher during the two rainy seasons and are the highest of the
year during the long rains season. These are the reasons, we propose, why there is more
precipitation during the two rainy seasons and the long rains are stronger than the short
rains. For all seasons, the off-coast SSTs are still lower than that of the eastern interior
of the Indian Ocean, i.e. there is a west-east SST gradient over the Indian Ocean within
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the East African latitudes. The cooler SSTs off the East African coast, when combined
with the year-round onshore winds, prevent land areas over East Africa from developing
high subcloud MSE and therefore suppress the overall precipitation in this region. This
would explain the largely semi-arid/arid climate over East Africa.
Recent studies demonstrated that simulations from coupled climate models tend to
have a west-east SST gradient that is too weak, i.e. simulated SST over the western Indian
Ocean (including the SST nearby the East African coast) is higher than observed while the
eastern Indian Ocean SST is close to or lower than observed. This is especially so during
the boreal late autumn/early winter months (Conway et al., 2007; Han et al., 2012; Liu
et al., 2013; Cai and Cowan, 2013). This might be one of the reasons why coupled models
generally have a tendency to overestimate the short rains. We will next look at SSTs as
well as circulation patterns in those CMIP coupled models that are crucial in the East
African subcloud MSE development and moisture flux in order to better understand the
overestimation of the short rains in coupled models and the consequent misrepresentation
of the East African annual cycle of precipitation. This understanding should lead to
improvements in the model representation which could further lead to greater confidence
in model projections of future East African climate.
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CHAPTER 4
East African Rainfall Annual Cycle Bias Induced by Coupled
CMIP5 Models ∗
4.1 Introduction
East Africa has been undergoing increased frequency and intensity of droughts in recent
decades, raising the question of whether the drying trend will continue in a warmer future
climate as forced by anthropogenic emissions of greenhouse gases (GHGs). Although some
studies proposed that the recent drying trend can be attributed to SST anomalies over the
Indian Ocean induced by anthropogenic forcing (Funk et al., 2008; Williams and Funk,
2011), and therefore suggested the potential extension of the current drying trend into the
near future, there is a strong consensus in model projections from the Intergovernmental
Panel on Climate Change (IPCC) Fourth Assessment Report (AR4) and the more recent
Coupled Model Intercomparison Project Phase 5 (CMIP5, Taylor et al. (2012)) that
precipitation over East Africa will increase (Shongwe et al., 2011; Otieno and Anyah,
2013), implying that the current dry conditions will be, at least partly, ameliorated in the
near future.
The reliability of these optimistic projections on East African hydroclimate and their
suitability to serve as the foundation for the development community, however, depend on
the performance of the models in reproducing the East African precipitation in the past.
By examining the performance of both SST-forced (AMIP-style) models and the coupled
models used in the CMIP5 historical experiment (CMIP-style) in simulating the East
African long rains, Yang et al. (2014b) showed that, while some of the SST-forced models
are able to capture the observed decadal variability of the long rains, the coupled models,
which are used for the 21st century climate projections, generally fail to capture the correct
long rains-SST relationship. Moreover, the coupled models misrepresent the East African
∗ The work of this chapter is currently in preparation for submission in the near future.
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precipitation annual cycle by overestimating rainfall during October–December (OND)
and overestimating the rainfall during March–May (MAM), which has been also reported
for the CMIP3 coupled models (Anyah and Qiu, 2012). The cause of the precipitation
annual cycle bias from the CMIP5 coupled models and its implications for the projections
from these coupled models are still not clear.
Previous studies have revealed that there are some global scale or tropical scale bi-
ases in the coupled models of CMIP3 and CMIP5 (Cai and Cowan, 2013; Li and Xie,
2014; Wang et al., 2014), including the excessive equatorial Pacific cold tongue and dou-
ble Intertropical Convergence Zone (ITCZ) (Li and Xie, 2014), weak Atlantic Meridional
Overturning Circulation (AMOC) (Wang et al., 2014), and an unrealistic mean thermo-
cline slope tilting upward toward the eastern Indian Ocean (Cai and Cowan, 2013). These
larger scale biases in the coupled models might potentially affect the precipitation simula-
tions over East Africa and the linkage between the two needs to be explored. In explaining
the East African rainfall annual cycle, Yang et al. (2014a) proposed that the annual cycle
is modulated by the near surface moist static energy (MSE), which in turn is controlled
by the off-coast sea surface temperature (SSTs) as well as the low level atmospheric cir-
culation. Here we examine whether the MSE explanation framework can be applied to
understand the rainfall bias over East Africa from the CMIP5 coupled models.
In this study, we will analyze the coupled model induced bias of the East African
rainfall annual cycle by comparing the historical run and AMIP run for each model, with
particular emphasis on the MRI-CGCM3 model, which best simulates the annual cycle
in AMIP run but has a coupled model bias typical of the miltimodel mean. Section 4.2
describes the data and models used in the study as well as some special treatment of
calculations; Section 4.3 show the historical minus AMIP bias from multimodel statistics
and individual models; detailed analysis of the MRI-CGCM3 is in Sections 4.4; the main
conclusions of the paper and associated discussion are provided in Section 4.5.
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4.2 Data, models and methods
For observed precipitation, we use: version 6 of Global Precipitation Climatology Centre
(GPCC) monthly precipitation (Rudolf et al., 2010), which is a gauge-based, 0.50 longitude
× 0.50 latitude gridded global land surface dataset for the period 1901–2010; version TS
3.1 of monthly precipitation over global land areas from the Climatic Research Unit at the
University of East Anglia (CRU hereafter, Mitchell and Jones 2005) covering from 1979
to 2009; version 2.2 of the Global Precipitation Climatology Project (GPCP) monthly
precipitation dataset from 1979 to 2010 (Huffman et al., 2009), which combines gauge
observations and satellite data into 2.50 × 2.50 global grids; Climate Prediction Center
(CPC) Merged Analysis of Precipitation (CMAP) (Xie and Arkin, 1997), which is also
monthly satellite and gauge data and covering from 1979 to 2011; version 7 of Tropical
Rainfall Measuring Mission (TRMM) daily precipitation (Huffman et al., 2007) covering
from 1998 to 2014; precipitation from the European Centre for Medium-Range Weather
Forecasts (ECMWF) Interim Re-Analysis (ERA-Interim) (Dee et al., 2011), which covers
the post-1979 period and is the latest of the ECMWF reanalyses
In this study, twenty one of the CMIP5 models that have precipitation available for
both historical and AMIP runs are used. Their names are listed in Fig. 4.3 and Fig.
4.4. Only one run is chosen for each model to calculate the multimodel mean and other
statistics across these models. As most models cover only the period before 2005 for the
historical runs, the base period we choose to calculate climatology for both observations
and models is 1979–2005 except that for the TRMM daily precipitation data 1998–2005
is used instead. In this study, we focus on the land areas of East Africa that show a
bimodal rainfall annual cycle and an arid/semi-arid annual mean climatology by applying
the following criteria: 1) precipitation rate in March–May greater than January–Feburay
and June–September; 2) annual mean precipitation rate less than 2 mm day−1. The
resulting areas over East Africa are shown as gray grids in the mini panel of Fig. 4.1.
Area average over East Africa in this study is only applied to these grids unless otherwise
stated.
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4.3 CMIP5 multimodel statistics
Fig. 4.1 shows the East African rainfall annual cycles from different datasets of obser-
vations, the ERA-Interim Re-Analysis and AMIP runs of the 21 CMIP5 models. The
observed annual cycles are close to each other, no matter whether the observation is
based on gauge (GPCC and CRU) or satellite (TRMM) or their combination (CMAP
and GPCP), establishing a solid reliability for the observed rainfall annual cycle over
East Africa. The characteristic bimodal annual cycle is apparent from the observations,
with the major rainy season during March–May (MAM) and the second rainy season
during October–December (OND). Precipitation from the ERA-Interim Re-Analysis gen-
erally follows the observed annual cycle except for OND where the reanalysis can be 0.5
mm day−1 greater than the observed. This is probably due to the fact that a reanalysis
dataset is influenced by both the assimilated observations and by the model. As a result,
reanalysis can potentially share some similar bias to GCMs especially for precipitation.
Rainfall annual cycles from the AMIP runs show some degree of spread among different
models but the multimodel mean (the blue line) or their median (red horizontal lines in
the boxes) does reproduce the bimodal feature. However, the multimodel mean generally
overestimates the rainfall in all months except April and May, particularly in the second
rainy season (OND) such that rainfall in this season exceeds that in the major rainy season
(MAM). This type of bias in AMIP runs might arise from the AGCM’s excess response
of precipitation to the SST gradient over the western Indian Ocean as found in previous
work (Bollasina and Ming, 2013) and will not be addressed here. Instead, we will focus
on the bias induced by the atmosphere-ocean coupling by comparing CMIP5 historical
runs to the AMIP runs.
Fig. 4.2 shows the change of East African rainfall annual cycles for historical minus
AMIP from the 21 CMIP5 models. The historical minus AMIP rainfalls are largely
negative from January to May. Moreover, the historical run is drier than the AMIP run
for all models during Feburary–April, with the largest multimodel mean discrepancy (>1
mm day−1) occurring in April. During the summer season of June–September (JJAS), the
historical minus AMIP rainfalls spread around zero and only the September multimodel
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Figure 4.1: East African rainfall annual cycles from observations, the ERA-Interim Re-
Analysis and AMIP runs of 21 CMIP5 models, averaged over the gray shaded grids as
shown in the mini panel, where the red lines are the 1 km elevation contours. Box plots
show the statistics across the 21 models and the blue line is the multimodel mean (MMM).
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Figure 4.2: East African historical-minus-AMIP rainfall annual cycles from the CMIP5
21 models (box plots). The blue line is the multimodel mean (MMM).
mean is greater than 0.5 mm day−1. The multimodel mean of historical minus AMIP
rainfalls peaks at around 1 mm day−1 in the first month of the second rainy season
(October), reduces during the following two months and falls to a slight negative value in
December. Overall, the historical runs are wetter than the AMIP runs during the second
rainy season (OND), an opposite sign to that during the major rainy season (MAM).
Fig. 4.3 shows the East African rainfall annual cycles of CMIP5 individual models
for the AMIP and historical runs as compared to the GPCC result. For the AMIP runs
(blue lines), some models are highly correlated with the GPCC (e.g. MRI-CGCM3, IPSL-
CM5A-LR, FGOALS-g2 and CSIRO-Mk3-6-0) while some models are not (e.g. inmcm4,
BNU-ESM and NorESM1-M). The correlation coefficients with the GPCC, as well as
the root mean squared errors compared to the GPCC, of all the CMIP5 model AMIP
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runs are shown in the scatter plot of Fig. 4.4. For most models, the historical runs
are wetter than the AMIP runs for the overall OND while they are drier for the overall
MAM especially for April. Of all these 21 models, MRI-CGCM3 is of particular interest
in that its AMIP run reproduces the GPCC annual cycle very well but when coupled,
it dramatically overestimates the OND rainfall and underestimates the MAM rainfall,
similar to the coupled multimodel mean bias. Therefore, MRI-CGCM3 serves as an ideal
model to study the bias induced by turning from SST-forced GCMs into atmosphere-ocean
coupled GCMs.
4.4 Results from MRI-CGCM3
Fig. 4.5 shows the historical minus AMIP monthly climatology rainfall of MRI-CGCM3
over East Africa and surrounding areas. It is largely negative over East Africa from
January to May and the absolute value is greatest in April, consistent with the multimodel
mean result in Fig. 4.2. It is noted that the January–May dry anomalies over East
Africa are accompanied by a large scale north-south dry-wet pattern over the Indian
Ocean, suggesting that the dry anomalies might be associated with some large scale
dynamics. Starting from June, a strong wet anomaly develops over the western Indian
Ocean, abruptly shifting the anomalies over the Indian Ocean into a new west-east wet-
dry pattern and keeping this new pattern until the end of the year. This large scale shift
of the historical minus AMIP anomaly has important impact over East Africa, turning
the previous negative anomalies into positive values from June to November. The positive
anomalies over East Africa peak in September and October and turn slightly negative in
December, also consistent with the multimodel mean result in Fig. 4.2.
4.4.1 Convective instatility and MSE
In order to understand the historical minus AMIP monthly climatology rainfall change of
MRI-CGCM3, we calculate the convective instability (CI) as measured by near surface
moist static energy minus 700 hPa saturated moist static energy (i.e. hs − h∗700hPa). The
historical minus AMIP monthly climatology CIs of the model are shown in Fig. 4.6. The
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EA Prcp Annual Cycle in Obs and CMIP5 Models
Figure 4.3: East African rainfall annual cycles in GPCC and CMIP5 individual models
for the AMIP and historical runs.
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Figure 4.4: Scatter plot of correlation coefficient with the GPCC annual cycle precipitation
















































































































































historical-minus-AMIP Prcp of MRI-CGCM3, mm day-1
Figure 4.5: Historical-minus-AMIP monthly climatology rainfall of MRI-CGCM3 (both
colors and contours). Contours intervals are -10, 5, 0, 5, 10 and units are mm day−1. Red







































































































































historical-minus-AMIP CI of MRI-CGCM3, kJ kg-1
Figure 4.6: Same as Fig. 4.5 except for convective instability (CI) measured by near
surface moist static energy minus 700 hPa saturated moist static energy, i.e. hs−h∗700hPa.
north-south contrast from January to May over the Indian Ocean. The northern ocean and
East Africa have negative CI anomalies, implying that the atmosphere over these regions
is more stable and precipitation is suppressed in the historical run than in the AMIP run,
which explains the dry bias over these regions in Fig. 4.5. The CI also develops positive
historical minus AMIP bias over the tropical western Indian Ocean starting from June,
destabilizing the atmosphere in the historical run, and enhancing precipitation there and
over East Africa. It should be noted that the evolutions of the CI and rainfall anomalies
are not synchronous over East Africa after June and the CI seems to lead rainfall by one
month. For example, CI anomaly over East Africa peaks in August and September while
rainfall anomaly peaks in September and October. Also, CI anomaly turns negative over
much of East Africa in November while the rainfall anomaly is still slightly positive and














































































historical-minus-AMIP Lv*q of MRI-CGCM3, kJ kg-1
Figure 4.7: Same as Fig. 4.5 except for the moisture component of the near surface moist
static energy, i.e. Lvq.
We decompose the CI into its components of near surface moist static energy and 700
hPa saturated moist static energy and find the former is the dominant term and the later
is secondary and has a slightly destabilizing effect over East Africa (not shown here). The
dominant component of the near surface moist static energy is then further decomposed
in to components associated with near surface temperature, moisture and geopotential
and it is found that the temperature and geopotential components (not shown here) are
much smaller in magnitude than the moisture component, which is shown in Fig. 4.7,
very similar to the spatial pattern of CI in Fig. 4.6. Hence the change in CI is dominated
by the change in low level specific humidity.
Fig. 4.8 summarizes the relationship between rainfall anomalies of historical minus
AMIP and CI as well as its different components for MRI-CGCM3. The rainfall anomaly
annual cycle (black solid line) is very similar to the multimodel mean (blue solid line
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historical minus amip for MRI_CGCM3
Prcp, mm day-1
CI, kJ kg-1
hs , kJ kg
-1
h *700mb, kJ kg
-1
hs (qs ), kJ kg
-1
hs (Tas ), kJ kg
-1
Figure 4.8: Rainfall and CI (as well as its different components) of historical minus AMIP
for MRI-CGCM3 averaged over East Africa (the gray shaded grids shown in the mini
panel of Fig. 4.1).
in Fig. 4.2) and characterized by overall positive values in the OND rainy season but
negative values in the MAM rainy season. The rainfall anomaly can be explained by
the CI anomaly and the latter in general leads by one month. Decomposition of the CI
shows that the moisture component of the near surface moist static energy emerges as
the dominant component.
4.4.2 Surface temperature and heat flux
The fact that the CI anomaly, or equivalently the moist static energy anomaly, of historical
minus AMIP agrees well with the rainfall anomaly raises the question of what controls
the near surface moist static energy anomaly. Yang et al. (2014a) proposed that SSTs
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over the western Indian Ocean play an important role in modulating the East African
rainfall annual cycle via controlling the near surface moist static energy. We are therefore
wondering if this mechanism can be applied to explain the rainfall difference between the
historical run and the AMIP run. Fig. 4.9 shows the historical minus AMIP monthly
climatology surface temperature (which is SST over the ocean) for the MRI-CGCM3.
This very similar to the spatial patterns of CI in Fig. 4.6 or the moisture component of
near surface moist static energy in Fig. 4.7 over the Indian Ocean. The SST bias has a
pattern of cold north and warm south from January to May, with the coldest anomaly
over the Arabian Sea. A pattern of warm west and cold east develops after May and
maintains until October. This new pattern starts to decay from November and restores
to the January–May pattern in December. Therefore, the SST difference between the
historical and AMIP run can largely explain the CI and the consequent rainfall anomalies
over East Africa.
In order to understand whether the SST annual cycle difference between the historical
and AMIP run arises from surface heat flux or ocean dynamics, we need to calculate the
heat budget of the mixed layer of the ocean. The historical-minus-AMIP form of the







′ + SH ′ +D′o (4.1)
where ρ, cp, h and T are the sea water density, specific heat, mixed layer depth and
mixed layer average temperature, respectively; heat budget terms ρcph∂T/∂t, Rs, Rl,
LH,SH and Do are the heat storage tendency, short wave radiation, long wave radiation,
latent flux, sensible heat flux and the three-dimensional advection and diffusion by ocean
dynamics, respectively. Primes denote the perturbed state in the coupled models from
that in the SST-forced models, i.e. historical minus AMIP.
All the surface flux terms are archived for the CMIP5 and thus can be estimated




− (R′s +R′l + LH ′ + SH ′) (4.2)















































































































historical-minus-AMIP Ts of MRI-CGCM3, K
Figure 4.9: Same as Fig. 4.5 except for surface temperature Ts and the contours are -5,
-2.5, 0, 2.5, 5.
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ocean grids of 300E–600 and 100S–100N as well as the corresponding historical-minus-
AMIP SST annual cycle. The mixed layer average temperature is approximated by SST
when we estimate its tendency. Based on estimates of previous studies (Schneider, 1996;
de Boyer Montegut et al., 2004), a 25m depth of the mixed layer is selected to estimate
the heat storage change in the heat budget in this region. It can be seen from Fig. 4.10
that the sensible heat flux and the long wave radiation are much smaller in amplitude
compared to other terms and the heat budget is balanced among heat storage tendency,
latent heat flux, short wave radiation and ocean dynamics.
The SST annual cycle (red solid line) is characterized by warm biases during June–
October and cold biases during the other months, and dramatic transitions between the
two phases. The latter is reflected by the historical-minus-AMIP heat storage tendency
(ρcphdT
′/dt) annual cycle (black solid line). During the cold-to-warm transition from
April to June, the heat storage tendency is dominated by insufficient latent flux, and
insufficient ocean dynamical cooling. The latent heat flux is larger in magnitude than the
ocean dynamical term in April but smaller in June. In May, the magnitudes of these two
terms are comparable. The ocean dynamical term keeps positive after June to maintain
the warm SST bias until October when it decays close to zero. The second SST transi-
tion, from warm to cold, peaks in October and November and the short wave radiation
(R′s, blue solid line) dominates the negative heat storage tendency, probably due to ex-
cess precipitation and clouds. The dominant term eventually shifts to the excess latent
heat flux (LH ′, green solid line) in January and February, perhaps arising from stronger
northeasterlies of the Asian winter monsoon over the Indian Ocean. Therefore, insufficient
ocean dynamical cooling and latent flux both are responsible for the development of the
warm SST bias, while insufficient long wave radiation and excess latent heat flux mainly
contribute to the cold SST bias.
4.5 Conclusions and discussion
In this study, we investigate the coupled model induced bias of the East African rainfall
annual cycle common in CMIP3/5 that overestimates the OND rainfall and underesti-
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historical - AMIP, MRI-CGCM3
Ts
Figure 4.10: Historical-minus-AMIP SST and the ocean mixed layer heat budget in equa-
tion (4.1) for MRI-CGCM3, averaged over the ocean grids of 300E–600 and 100S–100N.
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mates the MAM rainfall, by comparing the historical run (CMIP-style) and the AMIP
run (AMIP-style) for each model, with particular emphasis on the MRI-CGCM3. The
framework of convective instability (CI) and moiste static energy (MSE) are shown to
be able to link this bias to other tropical or global scale biases that have been found in
previous studies (Cai and Cowan, 2013; Wang et al., 2014). The following conclusions
have been reached:
• East Africa is wetter in CMIP5 historical runs than AMIP runs during the OND
short rains season and drier in the MAM long rains season.
• The AMIP run of MRI-CGCM3 reproduces the observed rainfall annual cycle over
East Africa very well while its coupled historical run has a similar and stronger bias
as the coupled multimodel mean. Therefore, MRI-CGCM3 serves as an exemplary
model to study the coupled model induced rainfall bias over East Africa.
• The historical minus AMIP monthly climatology rainfall bias can be explained by
the bias in CI, which, itself is dominated by the bias in near surface MSE. The mois-
ture component is the dominant term in the near surface MSE while the temperature
component is secondary.
• The near surface MSE bias of historical minus AMIP is modulated by SST bias over
the western Indian Ocean.
• Insufficient ocean dynamical cooling and latent flux both are responsible for the
development of the warm SST bias of historical minus AMIP in MRI-CGCM3,
while insufficient long wave radiation and excess latent heat flux mainly contribute
to the cold SST bias.
Wang et al. (2014) have shown that there is a global scale northern hemisphere cooling–
southern hemisphere warming bias common to the CMIP5 coupled models, which has
been proposed to be linked to the weakening of the AMOC. The cold north and warm
south SST bias over the Indian Ocean dominant during December–May found in our
study seems to be a local manifestation of this global scale bias and can explain the drier
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MAM rainy season over East Africa in coupled models. However, during June–November,
the north-south asymmetry over the Indian Ocean is replaced by a west-east contrast:
warmer–than–AMIP SSTs in the west and colder–than–AMIP SSTs in the east. This
SST bias in the MRI-CGCM3 coupled model greatly increases rainfall over East Africa
and can explain the wet bias during the OND rainy season. The mechanism behind the
warm west and cold east asymmetry might be linked to the unrealistic mean thermocline
slope tilting upward toward the eastern Indian Ocean as pointed out in Cai and Cowan
(2013), where they used it to explain the larger amplitude of the Indian Ocean Dipole
(IOD) in CMIP3/5 models. However, what ultimately causes the thermocline bias and
the detailed processes that develop the bias are less clear and will be explored in the
future.
We also notice that the coupling-induced biases of East African precipitation and the
Indian Ocean SSTs in the model MRI-CGCM3 (Fig. 4.5 and Fig. 4.9) are accompanied
by dry biases of the Indian summer monsoon. Recent studies have shown that SST biases
over the Indian Ocean (Prodhomme et al., 2014), including the cold bias of the Arabian
Sea (Levine et al., 2013), could contribute to the dry Indian summer monsoon in coupled
models relative to observations or their corresponding SST-forced simulations. However,
how the dry Indian summer monsoon could impact the Indian Ocean SSTs and East
African precipitation is not clear. One potential feedback from the drier Indian summer
monsoon is through change of the surface winds over the Indian Ocean. Drier summer
India often implies a weakening of the monsoon circulation, especially the low level winds
around the Somali jet region. This could lead to reduced evaporation and weakened
coastal upwelling over the western Indian Ocean off the coast of East Africa, and both
of these two effects could warm the SSTs there. This warm coastal SST bias resulting
from the potential feedback of the weakened Indian summer monsoon is consistent with
the SST biases found in the coupled models. Further work is needed to quantify this
feedback, or examine whether it is a primary cause of the Indian SST biases rather than
a passive feedback.
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The warm bias in the west and cold bias in the east over the equatorial Indian Ocean
are actually weakening the zonal asymmetry of the observed SST and this weakening is not
unique over the Indian Ocean but can also be seen over the Pacific and Atlantic Oceans
(Fig. 4.11a). The annual mean SST zonal asymmetry bias is weak over the Indian Ocean
due to pronounced seasonality, but very strong over the Pacific and Atlantic Oceans due to
dramatic warming over the tropical eastern basins especially nearby the western coasts of
South America and Africa. The warm biases over the tropical eastern Pacific and Atlantic
in coupled climate models have also been reported in previous studies and explained
by excess heat flux into the ocean due to insufficient low-level clouds (Mechoso et al.,
1995; Huang et al., 2007), and insufficient cooling by ocean dynamical processes (Colas
et al., 2012). The general weakening of the zonal SST asymmetry over all the tropical
ocean basins in coupled climate models suggests that these coupled models generally have
difficulty in capturing the correct ocean processes that are important in determining the
SSTs over the coastal upwelling regions. In other words, these coupled models tend to
underestimate the thermostat mechanism as proposed by Clement et al. (1996). Fig. 4.11b
shows the change of multimodel mean annual mean SST from the 1979–2005 historical
runs to the 2070–2099 RCP8.5 runs in CMIP5 (colors, the 300S–300N tropical mean has
been removed to emphasize the non-uniform component), which also implies a weakening
of the zonal SST asymmetry near the equator over all the ocean basins. The much faster
warming SST projection off the coast of East Africa than that over the equatorial eastern
Indian Ocean might partly explain the wetting projection in East Africa. However, if the
response of the SSTs to the anthropogenic forcings in coupled models is greatly influenced
by their performance in simulating the tropical zonal SST asymmetry then the reliability
of these SST projections and the associated precipitation projections will be in question.
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Figure 4.11: a) Annual mean SST climatology of the CMIP5 AMIP runs (contours) and
its change from the AMIP to the multimodel mean of the historical runs (colors); b) Multi-
model mean annual mean SST climatology of the CMIP5 historical runs (contours) and its
change from the historical to RCP8.5 runs (colors, the 300S–300N tropical mean change has
been removed to emphasize the spatial pattern of the non-uniform component). The mod-
els used to calculate the multimodel mean are the 38 models from the CMIP5 that have
surface temperature available in both the historical and RCP8.5 runs as described in http:
//kage.ldeo.columbia.edu:81/expert/SOURCES/.LDEO/.ClimateGroup/.PROJECTS/
.IPCC/.CMIP5/.MultiModelMeans/.MMM-v2/.dataset_documentation.html. The
climatology is estimated based on the period of 1979–2005 for the AMIP and historical
runs and 2070–2099 for the RCP8.5 runs.
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CHAPTER 5
Zonal Momentum Balance in the Tropical Atmospheric
Circulation during the Global Monsoon Mature Months ∗
5.1 Introduction
Since its introduction by Matsuno (1966), the equatorial beta-plane linear model has
been serving as a simple dynamical framework for simulating the tropical circulation
(Gill, 1980; Davey and Gill, 1987; Seager, 1991). Most of these works assume that the
total troposphere can be approximated by the single, first baroclinic mode in the vertical
such that the shallow water equations can be used to represent the dynamics driven by
middle troposphere heating. Lindzen and Nigam (1987) used a different approach that
only considers the dynamics of the atmospheric boundary layer (ABL) driven by the
pressure gradients due to sea surface temperature gradients but this too yielded a set
of shallow water equations with dynamics equivalent to that of the first baroclinic mode
method (Neelin, 1989). Later works combined these two ideas to construct a new model
structure with an ABL at the bottom plus a first baroclinic mode of the free troposphere
above (Wang and Li, 1993; Fu and Wang, 1999).
Despite the success in simulating the general features of the tropical circulation, this
type of simple tropical atmospheric circulation model has been challenged because the
nonlinear advection terms have been totally ignored and large Rayleigh friction coeffi-
cients have to be applied in order to obtain realistic simulations. Diagnostics of the
observed circulation confirmed the suitability of a linear approximation of the surface
wind momentum dynamics (Zebiak, 1990; Deser, 1993), although the Rayleigh friction
coefficients were demonstrated to be latitude-dependent and have different magnitudes
∗ The work of this chapter has been published as: Yang, W., R. Seager, and M. A. Cane, 2013: Zonal
momentum balance in the tropical atmospheric circulation during the global monsoon mature months.
J. Atmos. Sci., 70 (2), 583–599, doi: 10.1175/JAS-D-12-0140.1.
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for zonal and meridional winds (Deser, 1993; Chiang and Zebiak, 2000). Recent studies
(Lin et al., 2008) revealed the potential sources of the strong Rayleigh friction over dif-
ferent regions within the Walker circulation: in the deep convection region (the western
branch of the Walker circulation), both nonlinear advection and convective momentum
transfer (CMT) contribute in the upper troposphere as well as in the lower troposphere; in
the shallow convection region (the eastern branch of the Walker circulation), the nonlinear
advection contributes in the upper troposphere while the CMT only contributes in the
lower troposphere. However, Lin et al. (2008) focused on the zonal momentum balance
in the longitude-pressure cross section near the equator instead of the whole tropics and
only the annual mean circulation was investigated.
Another issue relevant to the zonal momentum budget is how the equatorial upper
troposphere zonal winds are maintained. In their explanation of why the climatological
zonal winds are dominated by easterlies in the equatorial upper troposphere, Lee (1999)
challenged the idea that the easterlies are maintained by the momentum flux divergence
of the midlatitude-generated synoptic eddies (Suarez and Duffy, 1992) and proposed that
they are maintained by the transient zonal mean meridional circulation associated with
the seasonal cycle of the Hadley circulation and decelerated by tropical transient eddies
with intraseasonal, intraannual and interannual time scales. GCM studies also showed
that the easterlies in the equatorial upper troposphere are driven by the cross-equatorial
mean meridional circulation while the tropical eddies tend to decelerate them (Kraucunas
and Hartmann, 2005). Dima et al. (2005) conducted a systematic investigation on the
tropical zonal mean zonal momentum balance based on the NCEP/NCAR reanalysis
dataset and confirmed the ideas in Lee (1999) and Kraucunas and Hartmann (2005).
However, only the global zonal mean circulations have been examined in these studies
and the zonal asymmetry has not been considered. This is important because tropical
upper troposphere easterlies are not uniformly distributed in the zonal direction and
westerlies can dominate under some conditions (e.g. over the east Pacific during boreal
winter). It is interesting to examine if the easterly maintenance mechanism for the global
zonal mean flow can be extended to local longitudes and, in contrast, what mechanism is
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responsible for the maintenance of local westerlies at other longitudes.
In this study we will examine the zonal momentum balances of the tropical atmo-
spheric circulation in January (which represents the peak of the southern hemisphere
monsoon) and July (which represents the peak of the northern hemisphere monsoon) in
three dimensions based on the ERA-Interim reanalysis. We will extend the study of an-
nual mean momentum balance near the equator by Lin et al. (2008) to the momentum
balance in particular months (January and July) and throughout the tropics. Our study
also goes beyond the work of Lee (1999), Dima et al. (2005) and Kraucunas and Hartmann
(2005) by considering the longitudinal asymmetry, i.e. the zonal distribution of zonal mo-
mentum. The key questions to be answered include: what are the dominant terms in the
tropical zonal momentum balance? How good is the linear dynamics approximation for
the zonal momentum equation in the widely used simple tropical atmospheric models?
Which mechanism is responsible for the maintenance of the dominant easterlies in the
equatorial upper troposphere in the regions where they exist? What are the differences
in the zonal momentum budget between January and July? The chapter is organized as
follows: data and methods are described in Section 5.2. Section 5.3 analyzes the zonal
momentum balance on 925hPa (which represents the atmospheric boundary layer) and
200hPa (which represents the upper troposphere). Section 5.4 investigates the zonal mo-
mentum balance near the equator, where the Coriolis force approaches zero. Both the
zonal mean and local longitudinal mean momentum balances are examined in Section 5.5.
Section 5.6 estimates the equivalent Rayleigh friction both in the atmospheric boundary
layer and the upper free troposphere. The conclusions and discussion are given in Section
5.7.
5.2 Data and methods
The daily versions of ERA-Interim reanalysis data (Dee et al., 2011) in January and July
are used in the zonal momentum balance analysis. The spatial resolution is 1.50 longitude
by 1.50 latitude. The period of data used in our paper range from the year of 1979 to
2010.
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The zonal momentum equation in pressure coordinates can be can be obtained by
applying the multiple year monthly mean to equation (2) of Lin et al. (2008)’s daily























where u, v, φ, f are the zonal velocity, meridional velocity, geopotential, and Coriolis pa-
rameter, respectively; the bar denotes the multiple year mean of the daily data in a
specific month (in the case of this paper, January or July) and the prime denotes the
daily deviation from the multiple year monthly mean. In the multiple year monthly mean
momentum balance equation (5.1), the term on the left hand side can be neglected; the
term −(u∂u/∂x + v∂u/∂y + ω∂u/∂p) is the nonlinear advection by the stationary flow
and the term −(∂u′u′/∂x + ∂u′v′/∂y + ∂u′ω′/∂p) is the nonlinear transient eddy force;
−∂φ/∂x is the pressure gradient force and fv is the Coriolis force; X represents all the
forces from the unresolved sub-grid scale and possibly errors involved in the estimation
process and data themselves.
In the ABL, X is expected to be dominated by friction induced by turbulence and
can be parameterized reasonably well by Rayleigh friction (Zebiak, 1990; Deser, 1993).
The scatter plots of X vs. u at all grid points at 925hPa in Fig. 5.1 show that there is
a negative correlation between the residual term and the zonal velocity. The correlation
coefficients have little difference between January and July but are larger over the oceans
than over land. Also, the Rayleigh friction coefficients (the negative of the regression
coefficients) are three to four times larger over land than over oceans, indicating much
stronger friction over land due to the rougher surface. Fig. 5.2 and 5.3 show the Rayleigh
friction estimate of X with the zonal velocity u at 925hPa, using different regression
coefficients for the oceans and land, as shown in Fig. 5.1. The regressions account for
the majority of X over the oceans in both January and July. Over land, however, the
regression does not perform as well, reflecting the inhomogeneity of surface roughness
making it difficult to use a uniform Rayleigh friction coefficient.
In the free troposphere over the open ocean, Carr and Bretherton (2001) and Lin et al.
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Figure 5.1: Scatter plot of X vs. u at 925hPa over tropical oceans and tropical lands (be-
tween 300N and 300S) in January and July. Each point in the scatter plot is corresponding
to a grid point at the 925hPa pressure level. ρ and b indicate the correlation coefficient
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(c) X − X
reg
Figure 5.2: Regression of X by u at 925hPa in Jan. (a) The residual term (X). (b) The
regression of X. (c) The difference between X and its regression. The contour values are
[-6.4 -1.6 -0.4 -0.2 0.2 0.4 1.6 6.4]×10−4ms−2. Solid and dashed lines represent positive
and negative values, respectively. In order to focus on large scale features, the traditional
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(c) X − X
reg
Figure 5.3: Same as Fig. 5.2 except for July.
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(2008) demonstrated that X is dominated by the CMT. As argued in Lin et al. (2008),
CMT can be approximated by
CMT ≈ δc(ub − u) (5.2)
where δc is the cloud detrainment rate, ub is the zonal wind at cloud base and u is the
zonal wind in the free troposphere. By assuming δc is proportional to precipitation rate
and choosing the cloud base approximately at 925hPa, the CMT can be expressed as:
CMT ≈ b× P × (u925 − u) (5.3)
where P is the precipitation rate and b is the coefficient relating δc and P . Fig. 5.4
shows the relation between X (as shown in colors) and prcp ∗ (u925 − u200) (as shown
in contours) at 200hPa. The total precipitation in the ERA-Interim reanalysis dataset
is used here. The precipitation from the version 2.2 of the NASA Global Precipitation
Climatology Project (GPCP) (Adler et al., 2003; Huffman et al., 2009) was also used for
this calculation but the results are not shown here as they are not significantly different
from those using the ERA-Interim precipitation. In both January and July, these two
terms have a qualitative spatial relationship with each other, indicating that at least part
of the residual term X can indeed be explained by CMT in the free troposphere. To
quantify the relationship between these two terms, scatter plots and regression analysis
are performed on the grid points over the oceans (Fig. 5.4 (c) and (e)) and over the lands
(Fig. 5.4 (d) and (f)) separately. It is found that the spatial correlation between X and
the estimated CMT behaves differently between oceans and land. While the correlation
coefficients over the oceans have higher values (0.37 in January and 0.19 in July), they are
weak and even negative over lands. This is consistent with Carr and Bretherton (2001) and
Lin et al. (2008) who showed that CMT dominates the residual of the momentum budget
only over open oceans in the free troposphere. It should also be mentioned here that
the estimated CMT is quantitatively only able to account for less than half of the whole
residual term X even over the oceans, reflecting either the crudeness of the representation
of the cloud detrainment rate by the precipitation rate or the contamination of X by
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other sources (e.g. gravity waves, data errors).
The longitudinal mean (i.e. average between two specific longitudes) version of the




















































] + [X] (5.4)
where the square brackets denote the longitudinal mean and the stars denote the deviation
from the longitudinal mean. The first term in braces represents the forcing from the
longitudinal mean stationary flow while the second term in braces represents the forcing
from the stationary eddies. If the longitudinal mean is taken over all longitudes, the

































] + [X] (5.6)
In many simple tropical dynamics models, the momentum equations are approximated
by linear dynamics; i.e. retain the pressure gradient force and Coriolis force on the right
hand side of equation (5.1) and parameterize the total effect of all the other terms on the
right hand side of equation (5.1) with Rayleigh friction. Then the linear version of the





+ fv − εu (5.7)
where ε is the friction coefficient. Using the monthly means of the pressure gradients,
zonal winds and meridional winds over multiple years from the reanalysis data, we can
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2 (c) Tropical oceans, Jan








(d) Tropical lands, Jan
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(f) Tropical lands, Jul
Figure 5.4: The residual term X (colors) and prcp*(u925 − u200) (contours) at 200hPa
in January (a) and July (b). The unit for X is ms−2 and for prcp*(u925 − u200) is
mmday−1ms−1. (c), (d), (e) and (f) are the scatter plots of X vs. prcp*(u925 − u200)
over tropical oceans in January, tropical lands in January, tropical oceans in July and
tropical lands in July, respectively. Only grid points with precipitation rate greater than
2 mm day−1 are used. ρ is the correlation coefficient between X and prcp*(u925 − u200)
and b is the regression coefficient when the regression model X̂ = b*prcp*(u925 − u200) is
used.
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5.3 Zonal momentum balance on pressure levels
Fig. 5.5 shows the right hand side terms in the zonal momentum equation (5.1) in January
on the 925hPa pressure level. It can be seen from Fig. 5.5 that the zonal momentum
balance in the atmospheric boundary layer (ABL) is among three dominant terms: the
pressure gradient force (Fig. 5.5(a)), the Coriolis force (Fig. 5.5(b)) and the residual
term X, which is here primarily surface friction(Fig. 5.5(e)). One measure of the overall
magnitude of each term over the two dimensional grids is the root mean squared (RMS)
value. The calculations show that the RMS values for the pressure gradient force and the
Coriolis force are both 1.1×10−4ms−2 and the value of the residual force is 9.8×10−5ms−2,
indicating that the magnitudes of the three dominant terms are of the same order. The
RMS value of the nonlinear advection term is only 1.4× 10−5ms−2 and the eddy forcing
is even smaller, with an RMS value of 6.5× 10−6ms−2 .
In July, the zonal momentum balance on the 925hPa level (Fig. 5.6) shares similar
features with that in January. In general, the dominant terms are still the same: the
pressure gradient force (Fig. 5.6(a)), the Coriolis force (Fig. 5.6(b)) and the friction
(Fig. 5.6(e)), with RMS values of 1.3× 10−4ms−2, 1.2× 10−4ms−2 and 1.1× 10−4ms−2,
respectively. The magnitude of the transient eddy force (Fig. 5.6(d)) is again one order
weaker than the those of the dominant terms. The nonlinear advection term (Fig. 5.6(c))
is in general much weaker than the dominant terms, indicated by the much smaller RMS
value of 2.1 × 10−5ms−2. However, the nonlinear advection by the stationary flow has
comparable magnitudes with the dominant terms in the Asian monsoon regions, especially
near the Somali Jet. This implies that the large scale Asian summer monsoon circulation
is nonlinear even in the ABL.
Fig. 5.7 shows the zonal momentum balance of the multiple year mean January flow
on the 200hPa pressure level. Similar to the ABL case, the pressure gradient force (Fig.
5.7(a))and the Coriolis force (Fig. 5.7(b)) are the dominant terms in the zonal momentum
balance, with RMS values of 1.5× 10−4ms−2 and 2.2× 10−4ms−2 respectively. However,
unlike the boundary layer cases, the residual force is no longer among the dominant forces
everywhere with an RMS value of only 1.4 × 10−5ms−2, almost one order smaller than
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Figure 5.5: Multiple year mean January zonal momentum budget on the 925hPa pres-
sure level (contours). The contour values are [-6.4 -1.6 -0.8 -0.4 -0.2 0.2 0.4 0.8 1.6
6.4]×10−4ms−2. Solid and dashed lines represent positive and negative values, respec-
tively. Vectors denote winds on the pressure level. In order to focus on large scale features,
the traditional 1-2-1 low pass filter is applied twice in both dimensions for each contour
field. 110
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Figure 5.6: Same as Fig. 5.5 except for July.
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those of the dominant terms. Instead, the nonlinear advection term joins the dominant
terms group, with an RMS value of 1.1 × 10−4ms−2. The transient eddy force is as
weak as the residual force in magnitude. In July, the boundary between the dominant
terms and the minor terms is not as clear as in January. The top two forces in terms
of magnitude are the Coriolis force (Fig. 5.8(b)) and the pressure gradient forces (Fig.
5.8(a)), with RMS values of 1.3×10−4ms−2 and 9.6×10−5ms−2 respectively. The bottom
two forces in magnitude are the transient eddy force (Fig. 5.8(d)) and the residual force
(Fig. 5.8(e)), with RMS values of 2.2× 10−5ms−2 and 1.4× 10−5ms−2, respectively. The
nonlinear advection term (Fig. 5.8(c)) lies just between the two extremes, with an RMS
value of 7.0×10−5ms−2. So the approximate zonal momentum balance at 200hPa in July
is among the pressure gradient force, the Coriolis force and the nonlinear advection term.
The transient eddy force and the residual force can in general be neglected.
5.4 Zonal momentum balance near the equator
The results in the above section show that, in both the atmospheric boundary layer and
the upper level troposphere, the Coriolis force is among the dominant terms in the zonal
momentum balance. However, the Coriolis force will almost disappear near the equator
no matter how strong the meridional flow is. Therefore the zonal momentum balance
regime near the equator must be different from that elsewhere in the tropics.
Fig. 5.9 shows the January zonal momentum balance in the longitude-height cross
section, with each term averaged between 50S and 50N. In the upper free troposphere,
the nonlinear advection term is important at most longitudes to balance the pressure
gradient force while the influences of the other two forces are constrained within specific
longitude intervals. For example, the transient eddy force contributes to the deceleration
of westerlies around 1800 and 1300W while the residual force (dominated by CMT) con-
tributes to the deceleration of the easterlies to the west of 1600E (the west upper branch
of the Walker Circulation). Within the ABL, the friction balances the pressure gradient
force over all longitudes while the transient eddy force can be neglected. The nonlinear
advection term has large values between 300E and 1200E , indicating its influence can not
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Figure 5.7: Same as Fig. 5.5 except on the 200hPa pressure level.
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Figure 5.8: Same as Fig. 5.5 except on the 200hPa pressure level and for July.
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be ignored in these regions.
The July zonal momentum balance in the longitude-height cross section (Fig. 5.10)
shares similar features to that in January, but with two major differences. First, the
nonlinear advection term becomes much stronger near 500E in the ABL, associated with
the Somali Jet . Second, the transient eddy force becomes weak almost everywhere and
there are no regions of large values as in the January case. This can be explained, at least
partly, by the fact that the easterlies are prevalent at all longitudes in July and prevent
the propagation of middle latitude eddies into the equatorial regions.
5.5 Zonal mean zonal momentum balance
Another case that must differ from the general zonal momentum balance is the zonal
mean zonal momentum balance, for which the pressure gradient force becomes zero and
the Coriolis force must be balanced by other terms in the zonal momentum equation.
5.5.1 The global zonal momentum balance
One of the most prominent features of the tropical circulation is that the upper level
zonal mean flows are often dominated by easterlies. Based on the analysis of the zonal
mean zonal momentum balance in the latitude-height cross section in January and July,
the zonal mean zonal momentum balance in the tropics is among the Coriolis force ([fv]),
the meridional advection (−[vuy]) and the residual force ([X]). The transient eddy force
is weak in the tropics and is anyway positive in the equatorial upper troposphere (Fig.
5.11(a) and (d)), meaning it decelerates the easterlies and so can not be responsible
for maintaining the easterlies in the equatorial upper troposphere. The residual force
is important within the ABL and also has positive values around the equatorial upper
troposphere easterlies (Fig. 5.11(b) and (e)), which means the residual force is also not
responsible for the maintenance of the equatorial upper troposphere easterlies. Combining
the Coriolis force and the meridional advection terms gives a term proportional to the
advection of the absolute angular momentum shown in Fig. 5.11(c) and (f). Although
not as strong in the tropical upper troposphere as in the ABL, its negative maximum























































Figure 5.9: Multiple year mean January zonal momentum budget on the longitude-
pressure cross section averaged between 50S to 50N (contours). Solid and dashed lines
represent positive and negative values, respectively. The smallest positive contour value is
2×10−5ms−2 and the contour interval is 4×10−5ms−2. Vectors denote circulation on the
longitude-pressure cross section. In order to focus on large scale features, the traditional























































Figure 5.10: Same as Fig. 5.9 except for July.
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maintained by absolute angular momentum advection.
There are two major differences between January and July. First, the equatorial
upper troposphere easterlies in July are much stronger than those in January. Second,
and consistently, the easterly acceleration by the absolute angular momentum advection
is also stronger in July than in January. This co-variability between the strength of
the easterlies and the absolute angular momentum advection acceleration is consistent
with the idea that the advection of absolute angular momentum is responsible for the
maintenance of the equatorial upper troposphere easterlies. It should also be pointed
out that the absolute angular momentum advection terms as shown in Fig. 5.11(c) and
(f) are nonlinear and the zonal averages cover the contributions from both the zonal-
mean flow ([v](f − [u]y)) and the stationary eddies (−[v∗u∗y]). Further analysis reveals
that the absolute angular momentum advection is dominated by the zonal-mean part
and the stationary eddy influence is secondary and is actually decelerating the easterlies
(not shown here). Therefore, it is the advection of the absolute angular momentum
associated with the cross-equatorial zonal mean Hadley circulation that is responsible for
the maintenance of the equatorial upper troposphere easterlies.
5.5.2 Momentum balance over the Asian monsoon longitudes
Because the absolute angular momentum advection in the tropical upper troposphere
is proportional to the meridional flow, or the cross-equatorial Hadley circulation, and
the strength of the Hadley circulation in July mainly comes from the Asian monsoon
contribution, we examine the zonal momentum balance averaged over the Asian monsoon
longitudes alone. Unlike the global zonal mean case, the pressure gradient force becomes
important and joins the absolute angular momentum advection as the major accelerating
force for the easterlies over the Asian monsoon region. Fig. 5.12(a), (b), (c) and (d) show
these two accelerating forces in January and July zonally averaged over the longitudes
between 600E and 1500E, which cover the Asian monsoon longitudes. In January, the
acceleration by the absolute angular momentum advection is too weak to maintain the
equatorial upper troposphere easterlies. Instead, the acceleration by the pressure gradient
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( f ) [v ∗ (f − uy)]










Figure 5.11: Multiple year mean zonal momentum budget on the latitude-pressure cross
section zonally averaged over all longitudes (colors). (a) (b) and (c) are for January and
(d) (e) and (f) are for July. Vectors denote the zonally averaged circulation on the latitude-
pressure cross section. Contours represent the zonal mean zonal flow and the interval is
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Figure 5.12: Similar to Fig. 5.11 except that the zonal momentum budget terms are
averaged over the Asian monsoon region instead of the whole longitudes.
magnitude of the acceleration by the pressure gradient force does not change much from
that in January. However, the easterlies become significantly stronger than those in
January because the absolute angular momentum advection contributes strongly to the
easterly acceleration. Hence the seasonal variability of the equatorial upper troposphere
easterlies over the Asian monsoon region can be explained by the seasonal variability of
the absolute angular momentum advection.
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5.5.3 Momentum balance over the east Pacific longitudes
Another longitude range of particular interest is the east Pacific between 1300W and 800W,
where the tropical upper troposphere winds change from easterlies in July to westerlies in
January. In July, the absolute angular momentum advection maintains the tropical upper
troposphere easterlies (Fig. 5.13(d)) while the pressure gradient force actually decelerates
the easterlies (not shown). In January, the pressure gradient force still decelerates tropical
upper troposphere flows, although the flows become westerlies instead of easterlies. At the
same time, however, the absolute angular momentum advection becomes extremely weak
in the tropical upper troposphere (Fig. 5.13(b)) so it can not maintain the westerlies.
So which force is now responsible for maintaining the westerlies in the tropical upper
troposphere over the east Pacific? Fig. 5.13(a) shows that it is the zonal momentum
advection by the zonal flow, or the zonal inertial force. This is also confirmed by the the
200hPa momentum budget (Fig. 5.7(c)), which shows the force of the zonal momentum
advection by the zonal flow is positive over the east Pacific.
5.6 Equivalent Rayleigh friction
In previous sections, it has been shown that the nonlinear advection term is often impor-
tant in the upper free troposphere and even in some regions within the ABL (e.g. in the
Asian summer monsoon region). This poses a challenge to using linear dynamics in the
widely-used simple tropical atmospheric models. There is, however, the possibility that
linear models with Rayleigh friction are still viable if the nonlinear advection term and all
other terms not included in the linear dynamics behave collectively in a way that can be
approximated by the equivalent Rayleigh friction form. As described in equation (5.7),
the equivalent Rayleigh friction coefficients can be estimated at each grid point and the
correlation coefficient can be used to assess the appropriateness of the Rayleigh friction
approximation (Lin et al., 2008).
Fig. 5.14 shows the equivalent Rayleigh friction coefficients at each grid point on the
925hPa and 200hPa pressure levels in January and July. Fig. 5.14(a) and (b) show that
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Figure 5.13: Similar to Fig. 5.11 except that the zonal momentum budget terms are
averaged over the east Pacific region instead of all longitudes.
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tropics. The coefficient is much larger over land than over the ocean. Regressing the
monthly Rayleigh friction on the zonal flow for all the grid points over all the multiple
years yields a single Rayleigh friction coefficient and a corresponding friction time scale
in January (July), which is around 1.2 (1.1) days. For comparison, the Rayleigh friction
time scale for the land as a whole and for ocean as a whole in January (July) is 0.5 (0.4)
days and 1.5 (1.5) days, respectively; i.e. the average friction coefficient is three times
stronger over land.
Although the linear equivalent Rayleigh friction model does an excellent job in the
ABL, it does not perform as well in the tropical upper troposphere. Fig. 5.14(c) and
(d) show the Rayleigh friction coefficients on the 200hPa pressure level in January and
July. The Rayleigh friction coefficients show more inhomogeneity than those on the
925hPa pressure level and significant areas over the east Pacific and the east Atlantic
in January even show negative friction coefficients and Rayleigh friction would not be
expected a priori to be a good approximation of its effects. There are locations where
the zonal inertial acceleration is important as discussed in section 5.5. Away from these
areas, however, the linear equivalent Rayleigh friction model seems to work better (e.g.
the Walker circulation to the west of 120W in January). Another example is the Asian
monsoon circulation, in which the linear equivalent Rayleigh friction model seems to work
well and the friction coefficients are in general positive.
Why does the equivalent Rayleigh friction work well in some specific regions but fail in
other regions in the upper troposphere? As discussed in previous sections, the nonlinear
advection terms are the dominant terms to balance the pressure gradient force and the
Coriolis force in the upper troposphere. In order to make the equivalent Rayleigh friction
work, the nonlinear advection terms should decelerate the local flow in the zonal direction,
which is equivalent to saying that the flow, along its stream line, should increase in
absolute zonal velocity. There are two types of regions in the upper troposphere satisfying
this condition: 1) flows nearby the divergent outflow regions of the Asian monsoon and
the North American monsoon in July and of the Walker Circulation in January ; 2) cross-
equator flows after turning their zonal direction (e.g. the Asian monsoon flows to the south
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Figure 5.14: Rayleigh friction coefficient calculated based on regression. The contour
values are [-6.4 -3.2 -1.6 -0.8 -0.4 -0.2 0.2 0.4 0.8 1.6 3.2 6.4]×10−5s−1. Solid and dashed
lines represent positive and negative values, respectively. In order to focus on large scale
features, the traditional 1-2-1 low pass filter is applied twice in both dimensions for each
contour field.
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of 15S in July). Correspondingly, there are also two types of upper troposphere upper
troposphere regions that do not satisfy the condition. i.e. regions of zonal convergence
such as over the tropical east Pacific and east Atlantic and cross-equator flows before
turning their zonal direction such as the Asian monsoon flows between 0 and 15S .
5.7 Conclusions and discussion
ERA-Interim reanalysis daily data have been used in this study to examine the three-
dimensional zonal momentum balance of the tropical atmospheric circulation in both
January and July, which represent the mature global monsoon months in the southern
hemisphere and northern hemisphere, respectively. We also did all the calculations with
the NCEP/NCAR reanalysis dataset (Kalnay et al., 1996) and find no significant difference
between the two reanalysis datasets. The following conclusions have been reached:
• In the atmospheric boundary layer (ABL), the pressure gradient force, the Coriolis
force and surface friction are the dominant terms in the zonal momentum balance.
The nonlinear advection term is important only in the Asian summer monsoon re-
gion. Linear dynamics is a good approximation for the zonal momentum equation
within the ABL yet the equivalent Rayleigh friction coefficient is not spatially uni-
form. In general, the coefficient over the land is three times larger than that over
the ocean.
• In the upper troposphere, the dominant terms in the zonal momentum balance are
the pressure gradient force, the Coriolis force and the nonlinear advection term.
The linear dynamics approximation is not as good as that in the ABL but still is
applicable in regions such as the Walker Circulation and the Asian monsoon region.
• Near the equator, where the Coriolis force is small, the zonal momentum balance is
in general among the pressure gradient force, nonlinear advection and the residual
force (dominated by friction in the ABL and by the CMT in the free troposphere).
The transient eddy force is in general secondary but becomes important in the
longitudes with upper troposphere equatorial westerlies in January.
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• The absolute angular momentum advection associated with the cross-equatorial
Hadley circulation plays an important role in maintaining the global-zonal-mean
equatorial upper troposphere easterlies and its change of strength between January
and July also explains the intensity of the easterlies. The absolute angular mo-
mentum advection also has an influence on regional zonal flows, i.e. it strengthens
the Asian monsoon easterlies from January to July and shifts the equatorial upper
troposphere flow over the east Pacific from westerlies in January to easterlies in
July.
Lin et al. (2008) showed that the mechanical damping in the Gill-type models for
the annual mean Walker circulation consists of two sources: the nonlinear advection and
the residual force. Our study shows that the transient eddy force is also important in
the east upper branch of the Pacific Walker circulation in January when the westerlies
dominate there and allow mid-latitude eddies to propagate to the equator. The transient
eddy force might be neglected in the annual mean zonal momentum balance but can
be important in particular months. Schneider and Bordoni (2008) demonstrated that
eddy-mean flow interaction plays an important role in the seasonal cycle of the Hadley
circulation, which also implies that the transient eddy force, although negligible in the
annual mean circulation, can be important in the seasonal cycle.
The mechanisms for the dominance of the easterlies in the equatorial upper tropo-
sphere have been explored in Lee (1999) and Kraucunas and Hartmann (2005). Although
the stationary wave associated with zonal asymmetric heating tends to drive a super ro-
tational flow (westerlies) over the equatorial upper troposphere, the easterly acceleration
associated with the cross-equatorial Hadley circulation often overwhelms this effect and
drives the observed dominant easterlies. Our study confirms this point and shows that
the absolute angular momentum advection indeed maintains the zonal mean easterlies in
the equatorial upper troposphere while the stationary wave force has a westerly tendency
but is much smaller. As the absolute angular momentum advection arises from the cross-
equatorial Hadley circulation, which is controlled by the off-equator heating (Lindzen and
Hou, 1988), the easterly acceleration by the absolute angular momentum advection varies
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seasonally as the heating center moves north and south. Because the cross-equatorial
Hadley circulation is stronger in the northern hemisphere summer than in the southern
hemisphere summer, the easterly acceleration by the absolute angular momentum advec-
tion is stronger in the northern hemisphere summer and results in more intense upper
troposphere equatorial easterlies. Although the westerly acceleration by the equatorial
stationary waves has a similar pattern of seasonal variability as the easterly acceleration
by the zonal mean meridional flow (Dima et al., 2005), its magnitude is much smaller
than the easterly acceleration. Therefore, the prevalence of the tropical upper tropo-
sphere easterlies and the variability of their strength are determined by the zonal mean
Hadley circulation and the associated absolute angular momentum advection.
We also extend this idea to the maintenance and seasonal variability of regional zonal
flows and find that the variability of the strength of the Asian monsoon region easterlies
and the shift of the direction of zonal flow over the east Pacific between January and
July can also be explained by the variability of the absolute angular momentum advection
associated with the cross-equatorial Hadley circulation. This is relevant to the interaction
of the meridional Hadley circulation and the zonal Walker circulation, the two preeminent
circulation systems in the tropics. Future work will examine this interaction on other time
scales and its impact on climate in the tropics and extra-tropics.
As revealed in our study, the nonlinear advection term is in general negligible in the
zonal momentum balance of the boundary layer but emerges as a major component over
the Asian summer monsoon region. This is relevant to the dynamics of the monsoonal
circulation, and can even potentially impact the variability of convection and precipitation
in this region through the atmospheric dynamical instability (Tomas and Webster, 1997;
Boos and Emanuel, 2009). Tomas and Webster (1997) noticed that organized convection
appears off the equator in the summer hemisphere and not necessarily collocated with
the warmest SST when there is a substantial cross-equatorial surface pressure gradient.
This is the case for the Asian summer monsoon. In their explanation, they proposed a
hypothesis that, in addition to the thermaldynamical control from SST, the inertial insta-
bility of the boundary layer atmospheric circulation plays an important role in regulating
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the location and strength of convection. The region between the zero absolute vorticity
contour in the summer hemisphere and the equator is inertially unstable and therefore
favors convection even though the SST is not highest there. Boos and Emanuel (2009)
(Fig. 11) also demonstrated that the inertial instability is closely related to the seasonal
abrupt intensification of the Somali Jet. These results indicate that our study of zonal
momentum balance is also relevant to the understanding of hydroclimate over the Asian




There has been increased frequency and intensity of droughts over East Africa in recent
decades while the majority of climate models from CMIP3/5 project that precipitation will
increase in a warming climate forced by greenhouse gases (GHGs), suggesting the current
drying condition will potentially be recovered in the future. To address the question of
whether the current dry condition will continue or there will be recovery, we begin by
studying decadal variability of the hydroclimate of East Africa and found that the drying
trend of the East African long rains in recent decades most likely arose from natural
decadal variability and is not of anthropogenic origin. The decadal variability of the East
African long rains can be explained by the decadal variability of SST over the Pacific
Ocean, with dry phases associated with positive SST anomalies over the western tropical
Pacific and negative anomalies over the central and eastern tropical Pacific (La Niña-like).
We further assess performance of both SST-forced and fully coupled models in simu-
lating the observed decadal variability of the long rains as well as the more fundamental
aspect of the annual cycle of rainfall. It is found that the SST-forced ECHAM4.5 and
ECHAM5 are able to capture the precipitation climatology, the SST anomaly pattern
associated with decadal variability and the drying trend in recent decades. However, not
all the models perform well (e.g. CCM3.6 is not even able to capture the recent dry-
ing trend). The SST-forced models of the CMIP5 AMIP experiments also capture the
climatology of the East Africa precipitation, although with varying skill. The simulated
East African long rains anomaly, which is only available from the models after 1979, does
capture the recent observed drying trend in the multimodel mean and the associated SST
anomaly pattern is consistent with the observed. Despite the good performance of the
AMIP runs of the CMIP5 models, the multimodel mean of the fully coupled models of
the CMIP5 historical experiment underestimates the East African long rains and overes-
timates the short rains with a considerable range of performance among the individual
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models. The multimodel mean of the precipitation anomalies in the coupled models shows
a weak wetting trend since 1950 that is much smaller than the internal variability. Hence
the long rains drying trend in recent decades is inconsistent with the models’ response
to radiative forcing. Moreover, the SST anomaly pattern associated with the long rains
in the coupled models has large discrepancies with the observations. Our results suggest
caution in interpreting projections of East African precipitation from CMIP5 or in apply-
ing the relationship between East African precipitation and the SST spatial pattern in
paleoclimate studies by appealing to coupled climate models. The above work is covered
in Chapter 2.
Motivated by the challenges faced by the coupled models in simulating the correct
rainfall annual cycle over East Africa, as well as the uniqueness of the bimodal annual
cycle and comparatively dry annual mean climatology, we then use the ERA-Interim
Re-Analysis data to analyze the associated annual cycles of atmospheric convective sta-
bility, circulation and moisture budget. The atmosphere over East Africa is found to be
convectively stable year-round but with an annual cycle dominated by the surface moist
static energy (MSE), which is in phase with the precipitation annual cycle. Through-
out the year, the atmospheric circulation is dominated by a pattern of convergence near
the surface, divergence in the lower troposphere and convergence again at upper levels.
Consistently, the convergence of the vertically integrated moisture flux is mostly negative
across the year, but becomes weakly positive in the two rainy seasons. It is suggested
the semi-arid/arid climate in East Africa and its bimodal precipitation annual cycle can
be explained by the ventilation mechanism, in which the atmospheric convective stability
over East Africa is controlled by the import of low MSE air from the relatively cool Indian
Ocean off the coast. During the rainy seasons, however, the off-coast sea surface temper-
ature (SST) increases (and is warmest during the long rains season) and consequently the
air imported into East Africa becomes less stable. This is covered in Chapter 3.
In Chapter 4, we directly investigate the coupled model induced bias of the East
African rainfall annual cycle found in CMIP3/5 that overestimates the OND rainfall and
underestimates the MAM rainfall, by comparing the historical run and the AMIP run for
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each model, with particular emphasis on the MRI-CGCM3. The framework of convective
instability (CI) and moist static energy (MSE) are shown to be able to link this bias to
other tropical or global scale biases that have been found in previous studies. It is found
that the historical minus AMIP monthly climatology rainfall biases can be explained by
the bias of convective instability (CI), which is dominated by the near surface MSE.
Insufficient ocean dynamical cooling and latent flux are dominant in developing warm
bias over the western Indian Ocean the late JJAS and early OND and can explain the
over all wet bias over East Africa during the OND rainy season, while insufficient short
wave radiation and excess latent heat flux are responsible for the cold SST bias during
boreal winter and spring and the consequent dry long rains bias.
To put the East African regional climate in context of the broader tropical climate
and circulation and understand the circulation of the whole tropics, we analyze the zonal
momentum balance of the tropical atmospheric circulation during the global monsoon ma-
ture months (January and July) in three dimensions based on the ERA-Interim reanalysis.
It is found that the dominant terms in the balance of the atmospheric boundary layer
(ABL) in both months are the pressure gradient force, the Coriolis force and the friction.
The nonlinear advection term plays a significant role only in the Asian summer monsoon
regions. In the upper troposphere, the pressure gradient force, the Coriolis force and the
nonlinear advection are the dominant terms. The transient eddy force and the residual
force ( which can be explained as convective momentum transfer over open oceans ) are
secondary yet can not be neglected near the equator. Zonal mean equatorial upper tropo-
sphere easterlies are maintained by the absolute angular momentum advection associated
with the cross-equatorial Hadley circulation. Equatorial upper troposphere easterlies over
the Asian monsoon regions are also controllled by the absolute angular momentum advec-
tion but are mainly maintained by the pressure gradient force in January. The equivalent
linear Rayleigh friction, which is widely applied in simple tropical models, is calculated
and the corresponding spatial distribution of local coefficient and damping time scale are
estimated from the linear regression. It is found that the linear momentum model is in
general capable of crudely describing the tropical atmospheric circulation dynamics yet
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the caveat should be kept in mind that the friction coefficient is not uniformly distributed
and is even negative in some regions. This work is covered in Chapter 5.
Based on the findings that have been made in this thesis, we propose the following
work that will potentially be conducted in the future research:
1. Analyzing the internal variabilities.
Here we will extend the work of Yang et al. (2014b) by examining the East African
droughts in the piControl and sstClim experiments from CMIP5. We will begin
with analysis of the piControl pre-industrial control experiments, which will pro-
vide assessment of the internal variability of the droughts in the atmosphere-ocean
coupled system in the absence of any anthropogenic or other radiative forcing. Then
we will analyze the sstClim experiments, which are forced by climatological SSTs
and sea ice imposed from piControl and ideal for assessing internal variability aris-
ing purely from atmosphere dynamics. We propose to address the questions of 1)
whether the observed East African precipitation climatological annual cycle can be
represented in the piControl and sstClim experiments; 2) whether there are decadal
variabilities of droughts similar to that observed in the modern climate; 3) what the
atmospheric thermal condition and circulation associated with the droughts look
like; and 4) what the differences in droughts between the piControl and the sstClim
experiments are given that the experiment includes an active ocean and the other
does not.
2. Investigating the natural variability over the past millennium.
Natural variability associated with East African droughts will be further analyzed
by investigating the past1000 experiment from CMIP5. This experiment simulates
the Earth’s climate during the period of 850–1850 and provides us the opportunity
to assess the East African droughts resulting from purely natural forcing. The
results will be compared to those in Yang et al. (2014b), where the simulations
are driven by both natural and anthropogenic forcings. The proposed work here
is expected to address the following questions: 1) What is the variability of East
African droughts under purely natural forcing? 2) What is the difference between the
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natural variability and the internal variabilities? 3) How does the natural variability
differ from the variability in the past century as anthropogenic forcings emerged to
be important?
3. Conducting numerical experiments to study roles of different factors in generating
the East African rainfall annual cycle.
It is shown in this thesis that the rainfall annual cycle over East Africa can be
explained by the dynamics of sub-cloud MSE, which in turn is controlled by the
off-coast SSTs and low level circulation over East Africa. We will conduct a suit of
numerical experiments to isolate the influences from different factors. For example,
we can set the zonal SST gradient to be zero over the Indian Ocean to look at the
effect of east-west SST gradient. We can also reduce the intensity of convection
over the Indo-Pacific warm pool to see if a Gill-type response can be observed over
East Africa. The highlands over East Africa can be removed to examine whether
the highlands cause drying or wetting of East Africa.
4. Applying our findings to development research
As the wetting projections found in CMIP3/5 over East Africa are widely accepted
by the development community as the foundation for climate adaptations and de-
velopment policies, our findings in this thesis show that this kind of approach is
potentially incorrect and might have undesired outcomes. We will communicate
with the development community by showing what we have found and persuade
the community to review this issue, and together with them, find an improved way
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